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Abstract: 25 
Methane is a potent greenhouse gas, and there are concerns that its natural 26 
emissions from the Arctic could act as a substantial positive feedback to anthropogenic 27 
global warming. Determining the sources of methane emissions and the biogeochemical 28 
processes controlling them is important for understanding present and future Arctic 29 
contributions to atmospheric methane budgets. Here we apply measurements of multiply-30 
substituted isotopologues, or clumped isotopes, of methane as a new tool to identify the 31 
origins of ebullitive fluxes in Alaska, Sweden and the Arctic Ocean. When methane 32 
forms in isotopic equilibrium, clumped isotope measurements indicate the formation 33 
temperature. In some microbial methane, however, non-equilibrium isotope effects, 34 
probably related to the kinetics of methanogenesis, lead to low clumped isotope values. 35 
We identify four categories of emissions in the studied samples: thermogenic methane, 36 
deep subsurface or marine microbial methane formed in isotopic equilibrium, freshwater 37 
microbial methane with non-equilibrium clumped isotope values, and mixtures of 38 
microbial and thermogenic methane (i.e., combinations of the first three end members). 39 
Mixing between thermogenic and microbial methane produces a non-linear variation in 40 
clumped isotope values with mixing proportion that provides new constraints for the 41 
formation environment of the mixing end-members. Analyses of microbial methane 42 
emitted from lakes, as well as a methanol-consuming methanogen pure culture, support 43 
the hypothesis that non-equilibrium clumped isotope values are controlled, in part, by 44 
kinetic isotope effects induced during enzymatic reactions involved in methanogenesis. 45 
Our results indicate that these kinetic isotope effects vary widely in microbial methane 46 
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produced in Arctic lake sediments, with non-equilibrium ∆18 values spanning a range of 47 
more than 5‰.  48 
 49 
1. Introduction 50 
 Methane (CH4) is a critical atmospheric greenhouse gas, with 28 times (on a 51 
molar basis) the global warming potential of CO2 on a 100-year timescale (Myhre et al., 52 
2013). Due to its importance to the climate state of the Earth, the sources of methane to 53 
the atmosphere and how they might respond to future climate change are of key concern. 54 
One region where natural (i.e., non-anthropogenic) methane emissions are of interest and 55 
concern is the Arctic, which has been predicted to experience pronounced warming in the 56 
future (Holland and Bitz, 2003; Comiso and Hall, 2014). Methane emissions from Arctic 57 
environments have been predicted to increase under a warmer climate (Christensen et al., 58 
2004; Walter et al., 2006; O'Connor et al., 2010; Walter Anthony et al., 2012; Thornton et 59 
al., 2015; Wik et al., 2016), thus acting as a positive feedback to global warming 60 
(Anisimov, 2007; Schuur et al., 2008; Isaksen et al., 2011; Koven et al., 2011; Schuur et 61 
al., 2015). 62 
Microbial methanogenesis in wetland and lake sediments is thought to be the 63 
dominant source of natural methane emissions originating in the Arctic, contributing up 64 
to 90% of emissions during the boreal summer (Fisher et al., 2011). Consequently, this 65 
source has been the primary focus of studies of Arctic methane emissions (Walter et al., 66 
2006; Schuur et al., 2008; Fisher et al., 2011; Isaksen et al., 2011). However, recent 67 
studies have identified two additional and potentially important sources of natural Arctic 68 
methane emissions. First, analyses of the isotopic and molecular composition of gases 69 
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from ebullitive seeps in Alaskan lakes have suggested that many of these seeps emit 70 
methane from thermogenic or deep subsurface microbial sources. Such gases are thought 71 
to be transported to the surface by faults, and stored in shallow reservoirs underlying 72 
permafrost and glaciers (Walter Anthony et al., 2012). The emission of methane from 73 
these deep sources could be enhanced as permafrost thaws and glaciers melt, which could 74 
increase the number of conduits from subsurface reservoirs to the atmosphere (Formolo 75 
et al., 2008; Walter Anthony et al., 2012).   76 
Second, methane ebullition has been observed in several locations on the 77 
continental shelf and slope of the Arctic Ocean (Paull et al., 2007; Westbrook et al., 78 
2009; Shakhova et al., 2010). The sources of these bubbles may be from either the 79 
dissociation of gas hydrates or the thawing of permafrost inundated by sea level rise 80 
following the last deglaciation (Paull et al., 2007; Westbrook et al., 2009; Portnov et al., 81 
2013; Frederick and Buffett, 2014). Methane emitted from the Arctic Ocean shelf may 82 
not have a significant influence on atmospheric budgets, given evidence for its efficient 83 
oxidation in sediments and the water column (Graves et al., 2015; Overduin et al., 2015). 84 
Nevertheless, the source and distribution of methane emissions from the Arctic Ocean 85 
remain poorly constrained (Kort et al., 2012; Schuur et al., 2015), making it difficult to 86 
quantitatively evaluate the importance of these sources to the atmospheric methane 87 
budget.   88 
Carbon and hydrogen stable isotope measurements are an important tool for 89 
fingerprinting different sources of methane (Schoell, 1980; Whiticar et al., 1986; 90 
Whiticar, 1999). For example, thermogenic methane typically contains greater 13C/12C 91 
and D/H ratios relative to microbial methane (Schoell, 1980). Additionally, stable isotope 92 
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measurements can in some cases differentiate between pathways of microbial 93 
methanogenesis (Whiticar et al., 1986; Krzycki et al., 1987; Hornibrook et al., 1997; 94 
Whiticar, 1999; Hornibrook et al., 2000; Conrad et al., 2002; Krüger et al., 2002; Walter 95 
et al., 2008; Brosius et al., 2012). In particular, hydrogenotrophic methanogenesis (i.e., 96 
methanogens that reduce CO2 with H2) is thought to produce methane with lower 13C/12C 97 
and higher D/H relative to fermentative methanogenesis (i.e. methanogens that 98 
metabolize acetate or other methylated compounds) (Whiticar et al., 1986; Whiticar, 99 
1999). However, ambiguities in the isotopic composition of methane can preclude 100 
accurate source assignment (Martini et al., 1996; Prinzhofer and Pernaton, 1997; Waldron 101 
et al., 1998; Waldron et al., 1999; Valentine et al., 2004; Conrad, 2005). For example, 102 
microbial methanogenesis in some environments can produce stable isotope compositions 103 
resembling thermogenic methane (Martini et al., 1996; Valentine et al., 2004). 104 
Additionally, multiple factors in addition to methanogenic pathway can substantially 105 
influence the stable isotope composition of microbial methane, including substrate 106 
isotopic composition, substrate limitation, the kinetics of methane production, transport, 107 
and oxidation (Sugimoto and Wada, 1995; Waldron et al., 1998; Waldron et al., 1999; 108 
Whiticar, 1999; Valentine et al., 2004; Conrad, 2005; Penning et al., 2005). These 109 
multiple influences on methane stable isotope values can complicate inferences regarding 110 
the pathway of methanogenesis in natural samples (Conrad, 2005).  111 
Recently the analysis of multiply-substituted isotopologues, or ‘clumped 112 
isotopes’, has emerged as an additional isotopic constraint on the sources of methane 113 
(Tsuji et al., 2012; Ono et al., 2014; Stolper et al., 2014a; Stolper et al., 2014b; Inagaki et 114 
al., 2015; Stolper et al., 2015; Wang et al., 2015). Clumped-isotope geochemistry refers 115 
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to the analysis of the abundances of molecules containing multiple rare, heavy isotopes 116 
(e.g. 13CH3D and 12CH2D2). Clumped isotope analyses are of interest in part because the 117 
proportions of clumped isotope species in equilibrated systems are solely a function of 118 
temperature-dependent homogeneous phase equilibria (Urey and Rittenberg, 1933; Wang 119 
et al., 2004) and can be used to determine formation or re-equilibration temperatures of a 120 
molecule using only a single phase, as opposed to multiple phases as is typical in stable-121 
isotope-based geothermometry (Eiler and Schauble, 2004; Ghosh et al., 2006; Stolper et 122 
al., 2014a; Stolper et al., 2014b). See Eiler (2007), Eiler (2011), Eiler (2013), and 123 
references therein for detailed reviews of clumped-isotope geochemistry.  124 
The first accurate and precise clumped isotope measurements of methane were 125 
achieved on a prototype high-resolution isotope ratio mass spectrometer— the Thermo 126 
Fisher IRMS 253 Ultra (hereafter the ‘Ultra’) (Eiler et al., 2013). Most measurements of 127 
methane clumped isotopes performed with the Ultra report variations in the sum of 128 
13CH3D and 12CH2D2, as measured by the quantity ∆18 (Stolper et al., 2014a). ∆18 values 129 
represent the relative deviation in a sample from the amount of mass-18 methane 130 
predicted for a random distribution of isotopes among all isotopologues of the sample 131 
(for more details see Section 2.5). ∆18 values primarily reflect the anomaly in 13CH3D, 132 
which makes up ~98% of the mass-18 isotopologues in naturally-occurring methane 133 
(Stolper et al., 2014a). In systems that are in internal isotopic equilibrium, the ∆18 value is 134 
a unique function of the sample’s formation or re-equilibration temperature (Stolper et 135 
al., 2014a; Stolper et al., 2014b), and is particularly useful in differentiating high 136 
temperature thermogenic from low temperature microbial methane (e.g. Stolper et al., 137 
2015). 138 
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 Mixing of gases that differ in their conventional isotopic composition (i.e., 139 
13C/12C and D/H) can produce non-linear variations in clumped isotope indices (including 140 
∆18) (Figure 1) (Eiler and Schauble, 2004; Eiler, 2007). Such mixing effects have been 141 
studied for CO2, O2, and CH4 and have contributed to the understanding of gas mixing in 142 
natural samples (Affek and Eiler, 2006; Yeung et al., 2012; Stolper et al., 2014b; Stolper 143 
et al., 2015). In poorly constrained cases these mixing effects can complicate clear 144 
interpretation of clumped isotope signals, and could be misinterpreted as incorrect 145 
formation temperatures. When clumped isotope data are combined with other isotopic or 146 
gas composition data, however, this phenomenon becomes a potentially powerful tool to 147 
recognize mixing and constrain the properties and relative proportions of end members in 148 
mixed gases.  149 
 In some situations, clumped-isotope values of CO2, carbonate minerals, O2, and 150 
CH4 have been shown to deviate from their thermodynamically predicted equilibrium 151 
value in materials where the formation temperature is known or well-constrained (Ghosh 152 
et al., 2006; Affek et al., 2007; Affek et al., 2008; Kluge and Affek, 2012; Saenger et al., 153 
2012; Stolper et al., 2014b; Stolper et al., 2015; Wang et al., 2015; Yeung et al., 2015). 154 
These non-equilibrium clumped isotope values are generally thought to be related to 155 
kinetic isotope effects (Kluge and Affek, 2012; Affek and Zaarur, 2014; Stolper et al., 156 
2015; Wang et al., 2015; Yeung et al., 2015), and preclude, or at least complicate, the 157 
accurate identification of sample formation temperatures. At the same time, non-158 
equilibrium clumped isotope signatures have the potential to provide valuable new 159 
information about chemical kinetics and biochemical reaction pathways (Passey, 2015; 160 
Stolper et al., 2015; Wang et al., 2015; Yeung et al., 2015).  161 
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 162 
Figure 1: Hypothetical examples of non-linear mixing effects for ∆18 values. Plots show mixing 163 
relationships in δ13C-∆18 space (A) and δD-∆18 space (B) for mixtures of methane with varying end-164 
member compositions. In these examples the end-member ∆18 values remain fixed at 3 and 6 ‰, but the 165 
δ13C and δD values of the isotopically light end-member varies. End-member δ13C and δD values are 166 
denoted on the plots. For mixtures where δ13C and δD values are relatively similar, mixing in ∆18 is 167 
approximately linear (solid line); as the δ13C and δD values of the mixing end-members become 168 
increasingly widely spaced the non-linearity of mixing in ∆18 becomes more pronounced (dashed lines). 169 
 170 
This paper provides a focused application of clumped isotope analyses to 171 
understand the origin of methane emitted from natural point sources in the Arctic, with a 172 
focus on methane bubble fluxes from lakes in Alaska and Sweden and from the Beaufort 173 
Sea in the Arctic Ocean. In addition to providing new insights into the methane budgets 174 
of these locations, this study provides an example of how methane clumped-isotope 175 
analyses can be used to understand and quantify the sources of methane emissions in 176 
natural environments. We focus on two key applications of clumped isotopes. First, we 177 
apply this technique to differentiate the contributions of microbial and thermogenic 178 
methane to ebullitive methane fluxes. Second, we explore the factors controlling the 179 
clumped-isotope values of microbial methane emitted in Arctic environments. We also 180 
present an analysis of methane produced by a methanogen pure culture consuming a 181 
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methanol substrate, which provides insights into the clumped isotope signature of 182 
fermentative pathways of methanogenesis. 183 
 184 
2. Methods 185 
2.1 Study sites 186 
We analyzed a total of 26 samples from 12 lakes and 3 marine localities (Table 1, 187 
Figure 2). Samples were chosen to include a diverse set of Arctic environments with 188 
differences in methane flux and conventional stable isotope geochemistry. In particular, 189 
we selected some samples that were likely to contain thermogenic methane, as indicated 190 
by conventional stable isotope, radiocarbon, and gas composition measurements (Walter 191 
Anthony et al., 2012). 192 
We analyzed ebullitive gas samples from three lakes on the North Slope of Alaska 193 
(Lake Sukok, Lake Q, and Cake Eater Lake; Table 1, Figure 2), a region with a large 194 
number of shallow thermokarst lakes (lakes formed by the thaw of ice-rich permafrost). 195 
This region contains active oil and gas production, and is also underlain by shallow coal 196 
seams (Walter Anthony et al., 2012). 197 
We analyzed a total of six ebullitive gas samples from four lakes in the vicinity of 198 
Fairbanks, AK (Goldstream Lake, Killarney Lake, Smith Lake, and Doughnut Lake; 199 
Table 1, Figure 2). All of these lakes were formed by thermokarst erosion, and one of 200 
them (Goldstream Lake) is actively eroding yedoma-type permafrost, a variety of loess 201 
permafrost that is rich in organic carbon (Walter et al., 2006; Brosius et al., 2012). 202 
 203 
 204 
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 205 
Figure 2: Map of the Arctic showing the location of the studied methane samples (the base map is an open 206 
access file from Wikimedia). 207 
 208 
We analyzed five ebullitive gas samples from southeast Alaska (Table 1, Figure 209 
2), including three samples from Eyak Lake, a shallow coastal lake next to Cordova, AK. 210 
One sample is from Prince William Sound (PWS), in close vicinity to Eyak Lake, and 211 
one sample from a stream in the vicinity of Katalla, AK, about 80 km to the east of Eyak 212 
Lake. 213 
We analyzed nine ebullitive gas samples from three intensively studied, post-214 
glacial lakes (Inre Harrsjön, Mellersta Harrsjön, and Villasjön), within the Stordalen Mire 215 
complex, a subarctic peatland underlain by sporadic permafrost in northern Sweden 216 
(Table 1, Figure 2) (Wik et al., 2013).  217 
Finally, we analyzed three samples from the continental shelf and slope of the 218 
Beaufort Sea in the Arctic Ocean (Table 1, Figure 2). Two samples were collected from 219 
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an elevated topographic feature at a water depth of 420 m (Paull et al., 2015). One of 220 
these samples was collected from gas bubbles emitted from an active gas vent, and the 221 
other from a gas expansion void in a sediment core collected adjacent to the vent. One 222 
sample was collected from gas bubbles emitted from an elevated topographic feature at a 223 
water depth of 38 m on the continental shelf (Paull et al., 2011).  224 
 225 
2.2 Sample collection 226 
Ebullitive gas samples from Alaskan lakes were collected from submerged, 227 
umbrella-style gas bubble traps, following methods described by Walter et al. (2008), 228 
between 2009 and 2013. As discussed in Appendix 1, repeat isotopic analyses of these 229 
samples did not indicate analytical artifacts related to their storage. Bubble traps were 230 
fixed in place over discrete points of concentrated gas bubbling. Gas bubble samples 231 
from the Stordalen lakes were collected using submerged inverted funnels, as described 232 
by Wik et al. (2013), in June and July of 2014. These traps were part of a stratified 233 
sampling scheme but were not fixed over previously identified points of gas, as no sites 234 
of continuous, coherent bubbling were identified in the Stordalen lakes. All lake 235 
ebullitive gas samples were transferred to glass serum vials and sealed with crimped 236 
butyl rubber stoppers. 237 
The ebullitive gas sample from the Beaufort shelf vent (38 m water depth) was 238 
collected by a Phantom S2 remotely operated vehicle (ROV) using a gas collection 239 
funnel and sampling system in 2010, as described in Paull et al. (2011). This gas sample 240 
was transferred underwater to a glass serum vial sealed with a butyl stopper. The gas 241 
bubble sample from the Beaufort slope vent (420 m water depth) was collected by the 242 
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Monterey Bay Aquarium Research Institute (MBARI) miniROV using a gas collection 243 
funnel and sampling system in 2012, as described in Paull et al. (2015). This gas sample 244 
was transferred underwater to a stainless steel cylinder. The Beaufort slope sediment gas 245 
sample was collected by sampling a gas expansion void within a gravity core collected at 246 
400 m water depth in 2012 (Paull et al., 2015). Gas was sampled through the core lining 247 
using a gas-tight syringe, and was stored in a glass serum bottle sealed with a butyl 248 
stopper. 249 
 250 
2.3 Culture preparation 251 
 A pure culture of Methanosarcina acetivorans (Sowers et al., 1984; Strain DSM 252 
2834; DSMZ GmbH) was grown on a carbon substrate of methanol in a 1 L glass serum 253 
bottle. It was grown under a headspace of N2 gas, at a pressure of 150 kPa, in sterile 254 
media (~ 350 mL) containing (g/L): NaCl (23.4), MgSO47 H2O (9.44), NaHCO3 (5.0), 255 
KCl (0.8), NH4Cl (1.0), Na2HPO4 (0.6), CaCl22 H2O (0.14), cysteine-HCl (0.25), with 256 
the addition of 10 mL DSM 141 Trace Element solution and 10 mL of DSM 141 Vitamin 257 
solution, 5 mL 99.9% MeOH, and 2.5 mL of a 50 mM H2S- solution. The culture bottle 258 
was kept in an incubator at 28° C and shaken at 35 revolutions per minute. Two aliquots 259 
of the headspace gas were sampled after 20 days of growth for methane purification and 260 
analysis.  261 
 Filter-sterilized media water was sampled at the same time as methane, and the 262 
δD value was measured using a spectroscopic DLT-100 Liquid-Water Isotope Analyzer 263 
(Los Gatos Research Inc.), with a precision of ~<1‰ (Feakins and Sessions, 2010). The 264 
δ13C of methanol from the same supply as the culture media was measured by 265 
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combusting an aliquot in a sealed tubed with cupric oxide at 800 °C, and then measuring 266 
the δ13C value of the resulting CO2 using Finnigan 252 isotope ratio mass spectrometer. 267 
We also derivatized a disodium phthalate standard with a known δD value (-95.3±1.2‰; 268 
from A. Schimmelmann, University of Indiana) using methanol from the same supply as 269 
the culture media, and using acetyl chloride as the derivatizing agent. We then analyzed 270 
the δD value of the resulting phthalic acid methyl ester using a ThermoFinnigan Trace 271 
gas chromatograph coupled to a DeltaplusXP isotope ratio mass spectrometer via a 272 
pyrolysis interface (Jones et al., 2008), with a typical precision of ~<5‰. We calculated 273 
the δD value of the methanol methyl-group hydrogen by mass balance. 274 
 275 
2.4 Methane purification 276 
  Methane (CH4) was purified from mixed gas samples using the methods described 277 
previously by Stolper et al. (2014a) and Stolper et al. (2014b). For all analyses we 278 
sampled enough gas to obtain approximately 50 µmol of CH4.  Gases were sampled from 279 
sealed glass vials and the culture serum bottle using a 5 ml gas tight syringe (Hamilton). 280 
The gas from the steel cylinder was sampled by connecting the cylinder to the vacuum 281 
line described in Stolper et al., (2014a) with a Swagelok™ fitting. Gas samples were first 282 
exposed to liquid nitrogen to trap H2O, CO2, and H2S. The gases in the headspace 283 
(including CH4, O2, and N2) were then exposed and transferred to a 20 K cold trap, 284 
cooled using a helium cryostat (Janis Research). At this point residual gases, including 285 
He and H2, were pumped away. The cold trap was then sealed, heated to 80 K, cooled to 286 
45 K, and opened to vacuum to remove N2 and O2.  This step was repeated until <2.67 Pa 287 
of gas remained in the cold trap at 45 K, corresponding to a purity of CH4 of ~99.8 % 288 
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(Stolper et al., 2014b). The cryostat was then heated to 70 K, and CH4 was transferred to 289 
a Pyrex™ breakseal containing molecular sieve (EM Science; type 5A) immersed in 290 
liquid N2. Prior to introduction to the mass spectrometer dual inlet, samples were heated 291 
with either a heat gun or a heated copper block set to ~150° C for 2-3 hours to ensure 292 
minimal isotopic fractionation when transferring CH4 from the molecular sieves (Stolper 293 
et al., 2014a).  294 
 295 
2.5 Methane stable isotope measurements 296 
Methane δD, δ13C, and ∆18 were measured using the Ultra, as described in detail 297 
by Stolper et al., (2014a). δD and δ13C values are expressed using delta notation relative 298 
to Vienna Standard Mean Ocean Water (VSMOW) and Vienna Pee Dee Belemnite 299 
(VPDB), respectively: 300 
δD =
2Rsample −
2RVSMOW
2RVSMOW



         (1) 301 
δ13C =
13Rsample −
13RVPDB
13 RVPDB



        (2) 302 
 where 2R and 13R are the ratios D/H and 13C/12C respectively. δD and δ13C data 303 
are expressed as per mil (‰) values (Coplen, 2011).  304 
Clumped isotope compositions are expressed using ∆18 notation (Stolper et al., 305 
2014a): 306 
∆18 = (18R/18R*-1)         (3) 307 
where: 308 
18R = ([13CH3D] + [12CH2D2])/[12CH4].  (4) 309 
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The specified isotope ratios are measured from the corresponding ion beam current ratios, 310 
standardized by comparison with a standard of known composition. 18R* is the 18R value 311 
expected for a random internal distribution of isotopologues, given the δ13C and δD 312 
values of the sample (Stolper et al., 2014a), and is expressed as: 313 
18R* = 6 × 2R 
2( )+ 4 × 2R × 13R( )
       (5) 314 
The factors (‘6’ and ‘4’) in equation 5 derive from the symmetry numbers of the mass 18 315 
methane isotopologues (Stolper et al., 2014a). ∆18 data are reported as per mil (‰), where 316 
0‰ refers to a random distribution of methane isotopologues (i.e., 18R =18R*). All 317 
samples are referenced against a laboratory standard with a ∆18 value of 2.981±0.015‰, 318 
as described by Stolper et al. (2014a). ∆18 values can be related to equivalent formation 319 
temperature (K), assuming formation in internal isotopic equilibrium, via the equation 320 
(Stolper et al., 2014a):  321 
∆18 = −0.0117
106
T 2



+ 0.708
106
T 2



− 0.337       (6) 322 
Because the ∆18-T relationship is not linear, the error for inferred temperatures are not 323 
symmetric. 2σ errors for inferred temperatures reported in Table 2 are the average of the 324 
upper and lower errors. For the samples for which the inferred temperatures are relevant 325 
in this study (i.e. samples inferred to have formed in internal isotopic equilibrium), the 326 
difference between upper and lower errors are at most 4° C, and this asymmetry does not 327 
affect our interpretations. 328 
The samples were analyzed over the course of 5 separate measurement periods of 329 
2 to 15 weeks in duration, spanning 14 months in total. These measurement periods were 330 
separated by intervals of time when the Ultra was used for other measurements. Ten of 331 
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the samples analyzed for this study were analyzed as replicates, in some cases in multiple 332 
measurement periods. We present measurement uncertainties for individual samples as 333 
either two standard errors of the internal measurement variability for a single 334 
measurement (2 SE), or 2 SE of replicate measurements. Reported uncertainties for 335 
inferred temperatures are propagated from the 2 SE errors for ∆18 values using equation 336 
6. External reproducibility for ∆18, δD, and δ13C values (1 σ) was 0.38 ‰, 0.22 ‰ and 337 
0.06 ‰ respectively. A more detailed description of standardization and external 338 
reproducibility is provided in Appendix 2. 339 
 340 
2.6 Other Isotope Measurements  341 
 Carbon isotopes of CO2 contained in gas bubbles from the Alaskan lakes were 342 
measured at Florida State University, as described by Walter Anthony et al. (2012). 343 
Methane radiocarbon abundance for the Alaskan lake and Beaufort Sea samples was 344 
measured by accelerator mass spectrometry (AMS) at either the Woods Hole 345 
Oceanographic Institution’s National Ocean Sciences AMS facility or the University of 346 
California at Irvine Keck Carbon Cycle AMS facility (Paull et al., 2011; Brosius et al., 347 
2012; Walter Anthony et al., 2012; Paull et al., 2015). Radiocarbon data are expressed as 348 
∆14C in per mil notation (Stuiver and Polach, 1977): 349 
∆14C = (Fm ∗eλ (1950−Yc) −1)         (7) 350 
where Fm is the deviation of the sample 14C/12C ratio relative to 95% of the 14C/12C ratio 351 
of the NBS Oxalic Acid standard in the year 1950, λ is 1/8267 (the reciprocal of the 352 
mean-life of 14C), and Yc is the year the sample was collected. 353 
  
 17
 To estimate the δD value of methane formation water for the Alaskan and 354 
Beaufort Sea samples we relied on published data for the isotopic composition of pore 355 
water or permafrost ice from either the studied sites (when possible), or same region of 356 
Alaska (Table 1) (Meyer et al., 2010; Paull et al., 2011; Brosius et al., 2012; Paull et al., 357 
2015). For the Stordalen Mire samples we applied δD values measured in lake water 358 
samples. Grab samples for water isotope analyses were collected from Mellersta Harrsjön 359 
(10 samples) and Villasjön (15 samples) in acid washed 50 ml polyethylene bottles in 360 
August 2005 and samples were stored cool to avoid evaporation before analysis. Water 361 
samples were reduced to H2 using chromium oxidation using a Finnigan H-device, and 362 
δD values were measured with a Finnigan Delta V isotope-ratio mass spectrometer at the 363 
Stable Isotope Laboratory at the Department of Geological Sciences, Stockholm 364 
University, with a typical precision of ±2‰. Average δD values and standard deviations 365 
for each lake are reported in Table 1. We applied water δD measurements from Mellersta 366 
Harrsjön to samples from Inre Harrsjön since these two lakes have similar physiographic 367 
characteristics (Wik et al., 2013). As there are differences in the source of water isotope 368 
data between study sites, we apply the largest standard deviation associated with water 369 
δD measurements (±30‰ for measurements of Fairbanks area ice wedges; Brosius et al., 370 
2012) as a conservative estimate of uncertainty for methane formation water δD. 371 
  We calculated apparent carbon dioxide-methane (13αCO2-CH4) and water-methane 372 
(2αH2O-CH4) isotopic fractionation factors using the equations: 373 
13αCO2-CH4 = 
13RCO2/13RCH4        (8) 374 
2αH2O-CH4 = 
2RH2O/2RCH4        (9) 375 
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 Propagated errors for α values were calculated using the individual errors for 376 
isotope measurements of CH4, CO2, and H2O. 377 
 378 
2.7 Gas concentration and flux measurements 379 
 The concentrations of methane and other gases in the Alaskan lake samples were 380 
measured at the University of Alaska Fairbanks, as described in Walter Anthony et al. 381 
(2012). In some samples, ethane concentrations were analyzed using the same 382 
methodology, and were used to calculate [C1]/[C2] ratios (Table 1). Gas ebullition fluxes 383 
(L gas day-1 trap-1; Table 1) were measured via gas volume accumulations in bubble traps 384 
either manually or using data loggers over periods ranging from 20 minutes to 47 days 385 
(Walter Anthony et al., 2012). In Alaska all samples were collected from identified gas 386 
seeps, and therefore flux estimates were not dependent on the area of the traps. For some 387 
seeps reported gas fluxes are estimates based on measurements of seeps from the same 388 
region of Alaska with similar characteristics (Table 1). Gas composition analyses for the 389 
Beaufort Sea samples were performed by Isotech Laboratories (Paull et al., 2011; Paull et 390 
al., 2015). 391 
Methane concentrations in the Stordalen lake samples were measured at the 392 
Abisko Scientific Research Station (Wik et al., 2013). Gas fluxes were estimated by 393 
measuring gas volume accumulations in bubble traps manually over periods of 24 to 72 394 
hours. At Stordalen, traps were not placed over identified points of gas bubbling, but 395 
instead sampled overall ebullition within the area of the trap. To account for scaling 396 
effects related to the area of the traps, for these samples we report flux in terms of L gas 397 
day-1 m-2 (Table 1). In most cases we used the flux estimate for the actual sample 398 
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analyzed, but in one case where a sample-specific flux estimate is not available we 399 
adopted the six-year average flux for that trap (Table 1). In all samples methane flux was 400 
calculated by multiplying the total gas flux by the measured methane concentration. 401 
  402 
3. Results  403 
3.1 Methane δD and δ13C data 404 
 Methane δD and δ13C values (Table 2) measured on the Ultra differed by variable 405 
amounts from previous measurements of the samples from Alaska and the Beaufort Sea, 406 
with an average deviation of -2±9‰ for δD and -1.1±0.5‰ for δ13C. As discussed in 407 
Appendix 1, these differences are likely caused by interlaboratory measurement artifacts, 408 
and do not reflect changes in samples due to storage. The interlaboratory differences are 409 
minor relative to the range of variability in the samples, and do not influence the 410 
interpretations presented here. The δD values of these samples ranged from -151 to -411 
383‰, and δ13C values ranged from -34.3 to -88.8‰ (Table 2; Figure 3). The samples 412 
from southeast Alaska, the Beaufort Sea, and two of the samples from the Alaskan North 413 
Slope (Lake Sukok, Lake Q) display relatively high δD values (> -250‰), and conform 414 
to a broad positive relationship in δD-δ13C space spanning the typical ranges of 415 
thermogenic and hydrogenotrophic microbial methane (Figure 3; note reversed y-axis) 416 
(Whiticar et al., 1986). In contrast, the samples from the Fairbanks area and the Stordalen 417 
Mire, as well as from Cake Eater Lake on the North Slope, display low δD values (<-418 
250‰) and cluster in the typical δD-δ13C range of fermentative microbial methane 419 
(Figure 3). The Stordalen Mire samples display a negative trend in δD-δ13C space, while 420 
most of the Fairbanks area samples display a positive trend. The low δ13C (-88.8‰) and 421 
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δD (-313‰) value of the sample from Killarney Lake are anomalous relative to typical 422 
values of microbial methane (Whiticar et al., 1986). 423 
 424 
Figure 3 Methane δD and δ13C values overlaid on empirical methane source fields derived from Whiticar 425 
et al. (1986).  426 
 427 
3.2 Methane clumped isotope data 428 
The ∆18 values of the studied samples varied widely from -0.4 to +9.6‰ (Table 2, 429 
Figure 4). For comparison, formation of methane from 0 to 100°C in internal isotopic 430 
equilibrium would correspond to a ∆18  range of 7.1 to 4.2‰ respectively. The observed 431 
range of ∆18 is much wider than this, and corresponds to apparent equilibrium 432 
temperatures ranging from -61° C to non-real temperatures (i.e., negative values of ∆18 do 433 
not have equivalent equilibrium temperatures). Thus both the high and low ends of the 434 
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range of ∆18 values cannot be interpreted in the context of apparent equilibrium formation 435 
temperatures, as discussed below (Sections 4.3–4.5).  436 
 437 
Figure 4 Scatter plots of methane ∆18 versus δD (A) and δ13C (B). All error bars are 2 SE as described in 438 
Section 2.5. Error bars for δD and δ13C are smaller than the symbols. Two groups of data described in 439 
Section 3.2 are circled. 440 
 441 
In specific geographic regions in Alaska we found a similarly wide range of ∆18 442 
values: ∆18 ranged from 4.8 to 8.4‰ in Southeast Alaska, from 0.2 to 9.6‰ in the 443 
Fairbanks region, and from -0.4 to 6.8‰ on the North Slope. These data indicate 444 
significant differences in the origin of regional ebullitive methane emissions. The 445 
Stordalen lake samples also displayed a wide range of ∆18 values, from 1.8 to 5.4‰. In 446 
contrast, the three samples from the Beaufort Sea displayed a small range of ∆18 values, 447 
6.9 to 7.1 ‰. These values correspond to a temperatures of 0 – 5 (±13) ºC, consistent 448 
with equilibrium formation at seafloor temperatures of -1.5 to 1 °C (Figure 5).  449 
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The studied samples define two groups in a plot of ∆18 vs. δD (Figure 4). One 450 
subset, comprising samples from southeast Alaska, the Beaufort Sea, and two of the 451 
samples from the Alaskan North Slope (Lake Sukok, Lake Q), is defined by both elevated 452 
δD values (>-250‰) and ∆18 values (> 4‰). We interpret these samples to have either 453 
formed in isotopic equilibrium, or through mixing of isotopically distinct end-members 454 
that each formed in isotopic equilibrium (Figure 5). The other subset, comprising the 455 
samples from the Fairbanks area and the Stordalen Mire, as well as from Cake Eater Lake 456 
on the North Slope, is defined by lower δD (<-250‰) and ∆18 values (< 6‰) (Figure 4). 457 
We interpret these samples to represent microbial methane that did not form in isotopic 458 
equilibrium. These ∆18 values, if interpreted as formation temperatures, would indicate 459 
temperatures > 29° C that are not plausible for microbial methane in Arctic lake 460 
sediments. The two groups of samples are less clearly distinguished in ∆18-δ13C 461 
composition space (Figure 4), but samples inferred to form in isotopic equilibrium or 462 
through mixing generally have higher δ13C values, whereas samples with non-463 
equilibrium ∆18 values generally have lower δ13C values (Figure 4). The Doughnut Lake 464 
sample from the Fairbanks region is ambiguous in that it plots with the equilibrium 465 
samples in δ13C-∆18 space, but with the non-equilibrium samples in δD-∆18 space. In 466 
addition, the sample from Killarney Lake (Fairbanks) is anomalous given its low δD (-467 
312‰) and δ13C (-88.8‰) values, but high ∆18 value (9.6‰) (See Section 4.3.1). 468 
 469 
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 470 
Figure 5 Scatter plots of ∆18-derived temperature versus (A) δ13C and (B) δD for methane samples with 471 
inferred equilibrium or mixing-influenced ∆18 values. Specific samples referred to in the text are indicated. 472 
The solid gray line indicates the modeled non-linear mixing line (See Section 4.4) for samples from the 473 
Eyak Lake (“e”). The dashed line indicates a temperature of -5 °C, an assumed lower limit to 474 
methanogenesis in Arctic environments. 475 
 476 
3.4 Methane flux and radiocarbon data 477 
 Methane ebullitive flux measurements from lacustrine seeps in Alaska spanned 478 
eight orders of magnitude, from .005 to 93,456 L CH4 day-1 trap-1 (Table 1). Area 479 
normalized ebullitive methane flux from the Swedish lakes spanned two orders of 480 
magnitude, from 1.5 to 183 L CH4 day-1 m-2 (Table 1)  481 
 Methane ∆14C values also spanned a substantial range (Table 2; Figures 6 and 7) 482 
from -265 ‰ (equivalent to 2420 14C years before present) to -1000 ‰ (no detectable 483 
radiocarbon; > 50,000 14C years before present). It is important to note that methane 14C 484 
ages do not necessarily indicate the age of methane formation, since in many cases 485 
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recently formed methane can be produced from aged carbon that is depleted in 14C (e.g. 486 
Walter et al., 2006; Walter et al., 2008; Brosius et al., 2012). 487 
  488 
3.5 Methylotrophic methanogen culture 489 
Methane sampled from the M. acetivorans culture had a low δD value (-347 ‰), 490 
but a high δ13C value (-30.2 ‰). The δD value of water in the culture media was -491 
82±1‰, the δ13C value of the methanol was -25.69‰, and the δD value of the methyl 492 
group of methanol in the culture media was -156±8‰. The high δ13C of the methane is 493 
likely the result of Rayleigh fractionation of the culture media methanol, and suggests 494 
that the methanogens consumed most of this carbon substrate. The ∆18 value for this 495 
sample, -5.4±0.5‰, is the lowest yet observed. This observation suggests that cultures of 496 
fermentative methanogens produce substantial non-equilibrium effects in ∆18, similar to 497 
or greater (i.e., further from equilibrium) than those observed in cultures of 498 
hydrogenotrophic methanogens (Stolper et al., 2015; Wang et al., 2015).  499 
Interpretation of this low ∆18 value is complicated. The ∆18 value of the methane 500 
is controlled by both the isotope effects associated with the hydrogenation of the 501 
methanol-derived methyl group to methane, as well as the initial isotopic order of the 502 
methyl group (Stolper et al., 2015; Wang et al., 2015). We do not know the clumped 503 
isotope composition of the methanol consumed in this experiment, which could have 504 
influenced the ∆18 value of the methane. Furthermore, the results of this experiment, 505 
while informative regarding ∆18 values in fermentative methane at a first-order, may not 506 
be particularly representative of fermentative methanogenesis in freshwater 507 
environments, for three reasons. First the cultured taxon was isolated from a marine 508 
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ecosystem (Sowers et al., 1984), and was grown in a salt water medium. We used this 509 
taxon as an initial test of fermentative methanogenesis because it was readily available. 510 
Second, the carbon substrate for the culture was methanol, whereas acetate is the 511 
dominant carbon substrate for fermentative methanogenesis in most freshwater 512 
ecosystems (Whiticar et al., 1986), and differences in 13C isotopic fractionation between 513 
methanogens grown with acetate and methanol on the order of 50‰ have been 514 
documented in previous studies (Krzycki et al., 1987). Third, the genera Methanosarcina 515 
has differences in its methanogenic pathway as compared to the genera Methanosaeta 516 
(Smith and Ingram-Smith, 2007), which is the dominant aceticlastic methanogen in most 517 
freshwater environments (Borrel et al., 2011). Previous studies of hydrogenotrophic 518 
methane produced by Methanosarcina barkeri produced lower ∆18 values than other 519 
hydrogenotrophic methanogens (Stolper et al., 2015; Wang et al., 2015). Therefore the 520 
metabolic pathway of Methanosarcina could produce more pronounced non-equilibrium 521 
effects in ∆18 than that of other methanogens.  522 
 523 
4. Discussion 524 
Based on the ∆18, δD, and δ13C values summarized above, supplemented in some 525 
cases with ∆14C values and ratios of methane to ethane concentrations ([C1]/[C2]), we 526 
divided the studied samples into four categories of methane sources: thermogenic 527 
methane, equilibrium microbial methane, non-equilibrium microbial methane, and 528 
mixtures of microbial and thermogenic methane. The basis for this categorization is 529 
discussed below. We primarily interpret ∆18 values as an indicator of equilibrium or non-530 
equilibrium isotope fractionation at the time of methane formation, although we do 531 
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discuss post-formation isotope effects related to mixing and gas-phase diffusion in 532 
sections 4.3.1 and 4.4. A key limitation of our interpretation is that we do not have 533 
constraints on how methane oxidation influences ∆18 values. Previous research has 534 
suggested, however, that methane oxidation does not strongly influence the isotopic 535 
composition of methane bubbles emitted from lakes (Walter et al., 2008). 536 
 537 
4.1 Thermogenic methane 538 
 The methane sampled from Lake Sukok on the North Slope of Alaska displayed a 539 
∆18 value of 4.1±0.5‰, corresponding to an apparent equilibrium temperature of 102±24 540 
ºC. This inferred temperature is within the range at which thermogenic methane typically 541 
forms (~60 to ~300 °C), and would imply generation of gas during initial catagenic 542 
breakdown of organic macromolecules to oil and gas (Hunt, 1979; Quigley and 543 
Mackenzie, 1988; Clayton, 1991; Seewald, 2003). We note that ∆18 data for other 544 
thermogenic methane samples have yielded temperatures >140° C (Stolper et al., 2014b; 545 
Wang et al., 2015), except for dominantly thermogenic gases from the Antrim Shale (95-546 
115°C) (Stolper et al., 2015).  The elevated δD (-193‰) and δ13C values (-46.3‰), low 547 
∆14C value (-998‰) of the Lake Sukok sample are also consistent with a thermogenic 548 
origin. Furthermore, Walter Anthony et al. (2012) showed that the hydrocarbon 549 
geochemistry and isotopes of the Sukok Lake ebullition seep closely matched data from 550 
an adjacent petroleum production well. A recent study of pore water geochemistry and 551 
geobiology from Lake Sukok also concluded that most or all of the methane found in its 552 
sediments is thermogenic in origin, and that there is very little methanogen activity in 553 
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Lake Sukok sediments based on the abundance of both genetic markers and lipid 554 
biomarkers (Matheus Carnevali et al., 2015). 555 
  556 
4.2 Equilibrium microbial methane 557 
 We interpret the clumped isotope data from the three Beaufort Sea samples, as 558 
well as the sample from Lake Q in Alaska, to be indicative of microbial methane 559 
generated in internal isotopic equilibrium. There are three lines of evidence for this 560 
conclusion. First, the ∆18 values for these samples (6.8 to 7.1‰) imply formation 561 
temperatures between 0-9±13 °C (Figure 5), which is within error of ambient 562 
environmental temperatures, and well below the lower limit of thermogenic methane 563 
formation (~60 °C; Hunt, 1979; Seewald, 2003). Second, the δD (-210 to -238‰) and 564 
δ13C (-59.3 to -83‰) values of all four gases are within the typical range of microbial 565 
methane (Table 2; Figure 3; (Whiticar et al., 1986). Third, research to date indicates that 566 
microbial methane formed in marine and deep subsurface settings, produces equilibrium 567 
clumped isotope signatures that reflect their formation environment (Stolper et al., 2014b; 568 
Inagaki et al., 2015; Stolper et al., 2015; Wang et al., 2015).  569 
4.2.1 Microbial methane from the Beaufort Shelf and Slope 570 
 The three methane samples from the Beaufort Sea slope and shelf vents and 571 
sediment core indicate consistently low formation temperatures, from 0 to 5 (±13) ºC. 572 
These temperatures are within error of bottom water temperatures at these sites (-1.5 to 1 573 
°C; Paull et al., 2011; Paull et al., 2015). The ∆18 data are consistent with methane 574 
formation in sediments or sub-permafrost environments, and do not support a dominant 575 
contribution from thermogenic methane or deep microbial methane formed in warm 576 
  
 28
environments (> 18 °C). Overall, our results from the Beaufort shelf are consistent with 577 
previous clumped-isotope analyses of marine methane seeps from the Santa Barbara 578 
Basin and the Santa Monica Basin, which indicated formation temperatures (6 to 16 °C) 579 
within error of bottom water temperatures (Stolper et al., 2015). Similarly, analyses of 580 
gas hydrate and sediment core void gas from the North Cascadia Margin indicated 581 
relatively low formation temperatures between 12 to 42 °C (Wang et al., 2015). 582 
 The Beaufort Sea samples exhibit similar ∆18 values in spite of large differences 583 
in water depth and vent type. The 38 m water depth methane vent is inferred to be a 584 
pingo-like formation associated with melting permafrost (Paull et al., 2007; Paull et al., 585 
2011). This sample contains negligible radiocarbon (-997 ‰ ∆14C; Table 2), in contrast 586 
to nearby sedimentary organic matter that contains more radiocarbon (-960 to -831 ‰ 587 
∆14C; Paull et al., 2011). This difference in ∆14C between methane and sedimentary 588 
organic matter is probably caused by the migration of methane from deeper subsurface 589 
horizons that contain ancient carbon, possibly as a result of dissociating gas-hydrates or 590 
permafrost (Paull et al., 2007; Paull et al., 2011). The ∆18 data are consistent with this 591 
interpretation, but argue against a high-temperature origin for methane from gas hydrates. 592 
Permafrost extends up to 700 m below the seafloor in this area (Paull et al., 2011), and it 593 
is possible that methane could be forming in deep sub-permafrost environments that 594 
maintain temperatures near 0 °C. 595 
 The 420m vent on the Beaufort Shelf is classified as a mud volcano, and is not 596 
associated with permafrost (Paull et al., 2015). The isotopic and ionic chemistry of water 597 
venting from the volcano suggest a contribution of fluid derived from smectite to illite 598 
clay dehydration (Paull et al., 2015), which is thought to occur at temperatures of ~60 °C 599 
  
 29
or greater (Jennings and Thompson, 1986), although the water chemistry also implies a 600 
contribution from seawater and groundwater of meteoric origin to the fluid emanating 601 
from the mud volcano (Paull et al., 2015). Our clumped isotope data rule out a high 602 
formation temperature for the methane at this mud volcano, and instead imply microbial 603 
methanogenesis in sediments or the shallow subsurface. Methane sampled from a nearby 604 
sediment core is similar in its ∆18, δ13C, and δD values (Table 2), further suggesting a 605 
shallow source for the mud volcano methane. It is possible that the methane was 606 
originally formed in the shallow subsurface, was subsequently buried to a greater depth 607 
where clay dehydration took place, and then both the methane and clay-dehydration 608 
waters were exhumed to form the modern mud volcano. Heating of buried methane to 609 
temperatures around 60 °C would most likely have not reset its ∆18 value, as a previous 610 
study implied that internal isotopic re-equilibration does not occur at this temperature 611 
(Stolper et al., 2014b).  612 
4.2.2 Deep subsurface microbial methane emitted from Alaskan lakes 613 
 We interpret the clumped-isotope measurement from one of the Alaskan lakes, 614 
Lake Q, to indicate emission of subsurface microbial methane formed in internal isotopic 615 
equilibrium. Methane emitted at Lake Q has a ∆18 value of 6.8±0.5‰, equivalent to a 616 
formation temperature of 9±13 °C (Figure 5). This inferred temperature is within error (2 617 
SE) of the estimated mean annual temperature at the lake (~0 °C). The methane from this 618 
seep, however, contains no detectable radiocarbon (Table 2), arguing against microbial 619 
methanogenesis in lake sediments. In addition, as discussed in detail below (Sections 4.3 620 
and 4.5), all samples of microbial methane produced in freshwater sediments analyzed to 621 
date have displayed low, non-equilibrium ∆18 values (Stolper et al., 2015; Wang et al., 622 
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2015). We infer that the low temperatures of methane generation, combined with the lack 623 
of radiocarbon, are consistent with methane emitted from Lake Q being produced by 624 
methanogens consuming fossil carbon in coal seams known to underlie the lake (Walter 625 
Anthony et al., 2012). Microbial coal-bed methane has been documented in other regions 626 
of Alaska (Dawson et al., 2012), and is an important category of coal-bed methane 627 
globally (Strąpoć et al., 2011). Furthermore, a recent study found evidence for methane 628 
formed in clumped-isotope equilibrium at ~70 °C in a coal deposit in deep marine 629 
sediments (Inagaki et al., 2015). 630 
 Methane from Doughnut Lake has a ∆18 value of 6.0‰, indicating an apparent 631 
temperature of 29±15 °C (Figure 5). This result is ambiguous, as it could reflect either 632 
equilibrium methane formation by deep subsurface methanogens, or methane formation 633 
in lake sediments with a relatively small non-equilibrium isotope effect (Figure 6; Section 634 
4.3). Given this ambiguity we include the Doughnut Lake sample in our discussion of 635 
non-equilibrium microbial methane below.  636 
 637 
4.3 Non-equilibrium microbial methane 638 
Six of the methane samples from lakes in Alaska (Goldstream-Hotspot, 639 
Goldstream-Tinies, Goldstream-40A, Smith, Cake Eater, and Doughnut), and all of the 640 
Stordalen samples, have δD (-285 to -383‰) and δ13C (-55.5 to -77.6‰) values (Figure 641 
6A) typical of microbial methane, but low ∆18 values (6 to -0.4‰) (Table 2, Figure 642 
6B,C). These ∆18 values would require implausible temperatures for methanogenesis in 643 
lake sediments (29 to 905 °C; negative ∆18 values do not correspond to any temperature) 644 
if interpreted as equilibrium values (Table 2), and almost certainly do not reflect 645 
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formation of methane in internal isotopic equilibrium. Instead, the low ∆18 values for 646 
these samples are consistent with previous studies that showed microbial methane 647 
produced in freshwater sediments, cow rumen, and in pure cultures of hydrogenotrophic 648 
methanogens have low ∆18 values that are not in equilibrium with their formation 649 
environment (Stolper et al., 2014a; Stolper et al., 2015; Wang et al., 2015).  650 
Previous studies have proposed that non-equilibrium ∆18 values in microbial 651 
methane primarily represent kinetic isotope effects related to the differential reversibility 652 
of the enzymatic reactions involved in methanogenesis (Stolper et al., 2015; Wang et al., 653 
2015). In other words, this hypothesis proposes that kinetic isotope effects manifest in ∆18 654 
values, as well as in δD and δ13C values, are determined by the extent to which the 655 
reactions of methanogenesis operate near thermodynamic reversibility, which controls the 656 
establishment of isotopic equilibration between methane and its metabolic precursors 657 
(Blair, 1998; Valentine et al., 2004; Penning et al., 2005). The ‘reversibility of 658 
methanogenesis’ is related to chemical potential gradients between methane and its  659 
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 660 
Figure 6 Scatter plots of (A) δD vs. δ13C; (B) δD vs. ∆18; (C) δ13C vs. ∆18; (D) 2αH2O-CH4 vs. ∆18  (E) 13αCO2-661 
CH4 vs. ∆18; and (F) ∆14C vs. ∆18 for lacustrine microbial methane samples displaying non-equilibrium ∆18 662 
values. Linear regression statistics for significant correlations for subsets of data either from Alaska or from 663 
the Stordalen Mire are shown; in (E) the sample from Doughnut Lake (upper right side of the plot) is an 664 
outlier and is not included in the regression model. 665 
 666 
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precursors. Faster rates of methanogenesis at high chemical potential gradients are 667 
interpreted to correlate with less reversible reactions, larger kinetic isotope effects, and 668 
lower ∆18 values (Valentine et al., 2004; Penning et al., 2005; Stolper et al., 2015; Wang 669 
et al., 2015). Other factors in addition to the rate of methanogenesis, including 670 
differences in metabolic pathways between methanogen taxa, the relative abundance of 671 
methanogenesis reactants and products in the environment, and the allocation of carbon 672 
for growth as opposed to methane generation, could also be influential in the reversibility 673 
of methanogenesis and related isotope effects (Valentine et al., 2004; Stolper et al., 2015; 674 
Wang et al., 2015). 675 
In the context of this hypothesis, we propose two explanations for the substantial 676 
variability of ∆18 values observed in the microbial methane from the Alaskan and 677 
Swedish lakes. First, it could indicate differences in the extent of kinetic fractionation 678 
exhibited by methanogenesis between samples. This would imply that the highest ∆18 679 
value (Doughnut Lake; 6‰) corresponds to a high degree of reversibility, and the lowest 680 
∆18 value (Cake Eater Lake; -0.4‰) corresponds to low reversibility. Alternatively, the 681 
range in ∆18 values could represent variable mixtures of two distinct sources of microbial 682 
methane. For example, mixing of microbial methane formed in isotopic equilibrium, 683 
possibly in deep subsurface environments, with non-equilibrium methane formed in lake 684 
sediments, would produce methane samples with intermediate non-equilibrium ∆18 685 
values. In this scenario, the non-linearity of mixing would be minimized if the δD and 686 
δ13C values of the end-members were similar (Figure 1). A strong positive correlation 687 
between δD and ∆18 in the Stordalen Mire samples (Figure 6B; R2 = 0.86) is suggestive 688 
of a mixing relationship between isotopically distinct methane reservoirs. However, 689 
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correlations between δ13C and ∆18 (Figure 6C; R2 = 0.46), and between δD and δ13C 690 
(Figure 6A; R2 = 0.37), are weaker for this group of samples, suggesting that if such 691 
mixing occurred, it was modulated by other isotopic effects. We also note that there are 692 
no currently known sources of deep subsurface microbial methane in the Fairbanks area 693 
or in the Stordalen Mire complex.  694 
 Previous studies (Stolper et al., 2015; Wang et al., 2015) have noted a negative 695 
correlation between non-equilibrium ∆18 and 2αH2O-CH4 values, an association that is 696 
consistent with the hypothesis that microbial methane isotope fractionation is controlled 697 
by the reversibility of methanogenesis (Valentine et al., 2004). We also observe a 698 
negative correlation between ∆18 and 2αH2O-CH4 in the non-equilibrium methane samples 699 
(R2 = 0.34), although there is substantial scatter in this relationship (Figure 6D). If the 700 
data are subdivided into the Alaskan and Stordalen samples, however, the correlation 701 
between ∆18 and 2αH2O-CH4 for each sample set is much stronger (Figure 6D, R2  = 0.85 702 
and 0.72, respectively). The different regression lines for these two sample groups could 703 
be caused by differences in the source of water δD data. Namely, for the Alaskan samples 704 
we applied δD measurements of permafrost ice, but for the Stordalen samples we applied 705 
measurements of lake water. Overall, the negative correlations between ∆18 and 2αH2O-CH4 706 
values are consistent with the hypothesis that the degree of reversibility during 707 
methanogenesis at least partially controls ∆18 in the studied lakes.   708 
 We also observe a positive correlation between ∆18 and 13αCO2-CH4 values (Figure 709 
7E) in five samples from Alaskan lakes (Figure 6C; R2 = 0.77); the sample from 710 
Doughnut Lake does not conform and is not included in the regression model. This 711 
relationship could also indicate kinetic isotope effects that influence both ∆18 and 13αCO2-712 
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CH4 (Valentine et al., 2004; Penning et al., 2005; Stolper et al., 2015), similar to the 713 
relationship between ∆18 and 2αH2O-CH4 described above. Indeed, such a relationship is 714 
predicted by a model of kinetic isotope effects in methane, described in Stolper et al. 715 
(2015). While we do not have CO2 isotope data for the Stordalen lake samples, these 716 
samples display a negative relationship between methane δ13C and ∆18 (Figure 6C) that 717 
would be consistent with the pattern observed in the Alaskan lakes if CO2 δ13C values are 718 
relatively constant in these samples.  719 
 Among the Alaskan lake methane samples, those with low ∆14C (< -970 ‰) 720 
display higher ∆18 values than samples with high ∆14C (> -400 ‰) (Figure 6F; note that 721 
we do not have ∆14C data for the Goldstream-Tinies sample). This pattern could indicate 722 
a greater degree of reversibility in methanogenesis sustained by older, more refractory 723 
carbon that is inherently more difficult to degrade, which would limit rates of 724 
methanogenesis. Alternatively, this pattern could be explained by variable mixtures of 725 
14C-depleted methane, formed in isotopic equilibrium in the deep subsurface, with 726 
relatively 14C-enriched methane that is formed out of isotopic equilibrium in lake 727 
sediments.  728 
The wide range of ∆18 values in the microbial lacustrine methane samples 729 
indicates that kinetic isotope effects associated with methanogenesis vary substantially in 730 
the studied Arctic lakes. Invariably there is some degree of mixing of methane in lake 731 
sediments, but our results are not consistent with simple mixing between an equilibrium 732 
end-member and a non-equilibrium end-member with a constant ∆18 value. Instead the 733 
observed trends, and in particular relationships between ∆18 and 2αH2O-CH4 and 13αCO2-CH4 734 
values (Figure 6D,E), are consistent with methane being produced in these lakes with a 735 
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variety of non-equilibrium ∆18 values, which would imply a spectrum of kinetic isotope 736 
effects.  737 
4.3.1 High ∆18 in microbial methane from Lake Killarney  738 
 The methane sampled from Lake Killarney has an unexpectedly high ∆18 value of 739 
9.6±0.7‰ (2 SE of two replicate measurements), which corresponds to an equilibrium 740 
formation temperature of -61±15 °C.  This temperature is clearly unrealistic for 741 
methanogenesis (Figure 5), and the anomalously high ∆18 value is in the opposite 742 
direction of previously observed non-equilibrium effects (Stolper et al., 2014b; Stolper et 743 
al., 2015; Wang et al., 2015), which produce lower ∆18 values than expected for a given 744 
temperature. Currently, we cannot account for this result, but we suggest three possible 745 
explanations. First, this high ∆18 value could reflect mixing of thermogenic and microbial 746 
methane (Figure 1). However, the highly depleted δ13C value of this sample (-88.8 ‰) 747 
makes such mixing seem unlikely, as it would require that the microbial end-member 748 
have an even lower δ13C value, which would be anomalous for microbial methane in 749 
freshwater environments (Figure 3). 750 
 Second, the high ∆18 value could be the result of methane oxidation, whose effects 751 
on ∆18 values have not yet been directly observed. However, methane oxidation tends to 752 
cause enrichment of residual methane in both δD and δ13C (Whiticar, 1999), and – given 753 
the especially low δ13C signature of this sample – it is unlikely that it has undergone 754 
significant oxidation. Third, the high ∆18 value could be the result of diffusive isotopic 755 
fractionation. The effects of gas-phase diffusion on clumped isotope compositions have 756 
been described in detail for mass-47 CO2 and mass-4 H2 by Eiler and Schauble (2004) 757 
and Eiler (2013), respectively. In brief, diffusive isotopic fractionation of methane in air 758 
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would be expected to lower both δD and δ13C values in the diffused gas by 759 
approximately 14‰, but increase ∆18 values by approximately 1.5‰. While this effect 760 
will require empirical validation, and does not take into account the likely importance of 761 
liquid-phase diffusion in this environment, to a first-order it is consistent with the high 762 
∆18 and low δD and δ13C values observed at Killarney Lake. It is currently unclear why 763 
diffusion would impart a significant effect on methane emitted at Killarney Lake and not 764 
the other sites in this study, with the possible exception of Eyak Lake as discussed below. 765 
 766 
4.4 Mixtures of thermogenic and microbial methane  767 
 The isotopic compositions of the five samples from Southeast Alaska (Eyak-1, -2, 768 
and -3; PWS; Katalla) suggest that they contain variable mixtures of methane from high- 769 
and low-temperature formation environments. Such mixing was previously identified for 770 
a larger set of methane samples from Lake Eyak and Prince William Sound by Walter 771 
Anthony et al. (2012) on the basis of evidence for linear correlations between ∆14C, δ13C 772 
and δD values. That study suggested that the mixing end-member with high δ13C and δD 773 
values, and a low ∆14C value, was thermogenic in origin.   774 
 The ∆18 values for the Lake Eyak and Prince William Sound (PWS) samples in 775 
this study are consistent with mixing between methane with distinct δD and δ13C values. 776 
These samples form a parabolic trajectory in δ13C-∆18 and δD-∆18 space (Figure 7B) that 777 
is characteristic of mixtures in which the end-member δD and δ13C values differ widely 778 
(Figure 1). The ∆18 value for sample PWS indicates a formation temperature of 73±20 °C 779 
(Table 2; Figure 5), which is a plausible, but low, temperature for thermogenic methane 780 
formation (Hunt, 1979; Seewald, 2003). In contrast, sample Eyak-1 indicates a  781 
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 782 
Figure 7 Isotope and gas composition mixing models for methane from Eyak Lake and Prince William 783 
Sound. (A) δ13C vs. δD; (B) δ13C vs. ∆18; (C) δ13C vs. ∆14C; (D) δ13C vs. [C1]/[C2]. The circle in (A) and 784 
(C) indicates the inferred composition of the high-temperature Eyak Lake end-member based on δ13C-∆14C 785 
and δD-∆14C mixing lines. The gray area in (B) indicates the high-temperature end-member ∆18 values 786 
implied by the δ13C value (-38.1 ‰) inferred from the δ13C-∆14C mixing line (C). The dashed line in (B) 787 
indicates the ∆18 and δ13C value implied by the model if the low-temperature end-member formed in 788 
equilibrium at -5 ° C. Equilibrium formation at higher temperatures or non-equilibrium kinetic isotope 789 
effects would imply lower δ13C values. The dashed line in (C) indicates a ∆14C composition of -1000‰ (i.e. 790 
no radiocarbon). ∆14C data is not available for the PWS sample and its δ13C value is plotted on the y-axis in 791 
(C). The mixing curve in (D) is one of many possible curves that fits the data from samples Eyak-1 and 792 
Eyak-3, but is representative of the general shape of these curves. δ13C and [C1]/[C2] end-members for this 793 
curve are -90‰ and 1 × 1012 for the low-temperature end-member, and -20‰ and 25000 for the high-794 
temperature end-member. The Katalla sample data are plotted for reference only and are not included in the 795 
models. 796 
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temperature of 24±15 °C, which is too low for a thermogenic source, and samples Eyak-2 797 
and Eyak-3 indicate temperatures of -47±19 and -31±12 °C respectively (Table 2), which 798 
are implausible for methane formation by any mechanism in these environments (Figure 799 
5). The high ∆18 values and low corresponding apparent temperatures for the Lake Eyak 800 
samples can be understood, however, as a consequence of mixing between thermogenic 801 
and microbial methane that differ in their ∆18, δ13C and δD values.  802 
 We calculated a best-fit mixing model (described in detail in Appendix 3) to the 803 
∆18, δ13C and δD values from the Lake Eyak and PWS samples. As discussed below, 804 
there is some evidence that the PWS sample does not conform to the same mixing trend 805 
as the Lake Eyak samples, and therefore we calculated a second model that omits this 806 
sample (Figure 7A,B). While the two models differ slightly, qualitatively the results are 807 
similar. A key assumption of these mixing models is that mixing is conservative and 808 
involves only two-end members. The mixing models provide a good fit (within 0.5 ‰ in 809 
∆18) to samples Eyak-1, Eyak-3, and PWS, but a less good fit (within 0.8‰ in ∆18) to 810 
sample Eyak-2 (Figure 7B), although this difference is within the 2 SE analytical error of 811 
this sample. The mixing models constrain the possible combinations of ∆18, δ13C and δD 812 
values for the mixing end-members, but not their specific values.  813 
 Specifically, the models suggest that in order for the low-temperature end-814 
member to have an equilibrium formation temperature above -5° C, it would require that 815 
its δ13C value be less than -90‰ (Figure 7B), which is anomalously low compared to 816 
other samples from freshwater ecosystems (Whiticar, 1999). As discussed above, 817 
microbial methane in most lakes expresses non-equilibrium ∆18 values lower than that 818 
equivalent to their formation temperature, but in this case a low non-equilibrium ∆18 819 
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value would require a δ13C value even lower than -90‰. Alternatively, the Lake Eyak 820 
low-temperature end-member may be characterized by a higher than equilibrium ∆18 821 
value, as observed at Killarney Lake, which could be caused by diffusion or another 822 
undetermined post-formation process. 823 
Additional measurements, including radiocarbon and gas composition data, 824 
provide further constraints on gas mixing at Eyak Lake. If we assume that the ∆14C value 825 
of the high-temperature end-member is -1000‰ (i.e. it contains no radiocarbon), the δ13C 826 
of the high-temperature end-member can be constrained by the intersection of a ∆14C 827 
value of -1000‰ and the ∆14C-δ13C mixing line for samples Eyak-1 and Eyak-3 (Figure 828 
7C). This constraint implies a high-temperature end member δ13C value of -38.1±1 ‰, 829 
although this estimate is based on only two radiocarbon measurements, which limits its 830 
accuracy. This inferred high-temperature end-member δ13C value is lower than the δ13C 831 
value for sample PWS (-34.3‰) (Figure 7C). This difference suggests that either (1) the 832 
high-temperature methane emitted at Eyak Lake differs in δ13C from the high-833 
temperature methane emitted in the PWS sample, despite their close proximity (See 834 
Figure 6 in Walter Anthony et al., 2012); or (2) that the first assumption is invalid and 835 
there are more than two low-temperature end-members with distinct ∆14C values; or (3) 836 
that sample PWS underwent post-formation isotopic fractionation, such as oxidation, that 837 
led to a higher δ13C value.  838 
If the δ13C (-38.1 ‰) value for the high-temperature end-member inferred from 839 
the ∆14C mixing-line discussed above is correct, this in turn implies that the ∆18 of the 840 
thermogenic end-member is approximately 5.2 ±0.5 ‰ (Figure 7B), indicating a 841 
temperature of 57±19 °C.  This is an anomalously low temperature for thermogenic 842 
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methane generation, suggesting an extremely low maturity source (Seewald, 2003), 843 
despite the relatively high δ13C value. One possible explanation is that the high-844 
temperature end-member is not thermogenic in origin, and instead is deep surface 845 
microbial methane. 846 
Comparing our results with [C1]/[C2] data for the Lake Eyak samples indicates 847 
further complexity in the gas mixing relationships in this region. While sample Eyak-2 is 848 
intermediate in δD and δ13C values, it has the highest [C1]/[C2] value (Figure 7D). This 849 
implies that the assumption of conservative, two end-member mixing is incorrect, and 850 
suggests that either (1) there are more than two mixing end-members or (2) that ethane 851 
oxidation is occurring and disproportionately affected sample Eyak-2. Furthermore, the 852 
relatively high [C1]/[C2] value for sample Eyak-1 implies that the high-temperature end-853 
member has a [C1]/[C2] ratio greater than 1x104 (Figure 7D), which is anomalously high 854 
for thermogenic methane (Bernard et al., 1978; Whiticar, 1999). These data also suggest 855 
that the high-temperature end-member is likely microbial methane, potentially produced 856 
in coal beds that occur in Southeast Alaska (Dawson et al., 2012; Walter Anthony et al., 857 
2012).  858 
Ultimately, the high ∆18 values of methane in the vicinity of Lake Eyak confirm 859 
that mixing between isotopically distinct end-members is occurring, and has the potential 860 
to provide new insights into the formation environment of the mixing end-members. 861 
However, comparison with gas composition data suggests that the mixing processes 862 
occurring in this system are more complex than can be adequately resolved within the 863 
scope of this paper. 864 
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 Methane sampled from Katalla, ~80 km to the east of Lake Eyak, has a similar 865 
isotopic signature to sample Eyak-1 (Figure 7A,B). The Katalla methane δD and δ13C 866 
values plot within the thermogenic methane field (Table 2, Figure 3), but the inferred 867 
clumped-isotope temperature of 27±15° C is not consistent with pure thermogenic 868 
methane (Figure 5). Furthermore, the Katalla sample contains no detectable ethane. This 869 
suggests that the methane emitted at Katalla is predominantly microbial in origin, and 870 
either represents a mixture of high- and low-temperature microbial methane with distinct 871 
δD and δ13C values, or methane with a single source forming around 27 °C with highly 872 
enriched δD and δ13C values. The relatively low δ13C value of CO2 in the Katalla sample 873 
(-37.9‰, Table 1) also suggests that this sample may have undergone methane oxidation 874 
(Whiticar, 1999). 875 
 876 
4.5 ∆18 variability in microbial methane 877 
 We compared our dataset for microbial methane emissions from the Arctic and 878 
for the methylotrophic methanogen culture experiment with existing clumped-isotope 879 
data for microbial methane (Stolper et al., 2015; Wang et al., 2015). Figure 8 depicts 880 
deviations in 2αCH4-H2O and ∆18 (or ∆13CH3D) relative to their equilibrium values at the  881 
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 882 
Figure 8 Compilation of microbial methane ∆18 and ∆13CH3D data, comparing the deviation in measured ∆18 883 
or ∆13CH3D values relative to the expected value if the methane formed in internal isotopic equilibrium vs. 884 
the deviation in measured 2αCH4-H2O relative to the value expected in heterogeneous phase isotopic 885 
equilibrium (for definitions of axis parameters see equations 10 and 11). Data are from this study, Stolper et 886 
al. (2015), and Wang et al. (2015). Data from Wang et al. (2015) (open points) were measured as ∆13CH3D.. 887 
The solid line indicates values predicted by a model of the isotopic composition of methane formed by 888 
hydrogenotrophic methanogens as a function of the reversibility of methyl-coenzyme M reductase (Stolper 889 
et al., 2015), with reversibility decreasing away from the origin. The gray triangle represents the 2αCH4-H2O 890 
value for the water-derived hydrogen atoms in the methylotrophic culture sample under two assumptions: 891 
(a) 50% of methane hydrogen atoms are derived from water; and (b) there is no D/H fractionation between 892 
methyl group hydrogen and methane. Representative x and y error bars are indicated in the upper left 893 
corner. 894 
 895 
estimated temperature of methane formation, following Stolper et al. (2015), and were 896 
calculated as follows: 897 
∆∆18 =
18R
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Equilibrium values for 18R/18R* and 2αH20-CH4 were based on the temperature dependence 900 
of ∆18 and 2αH20-CH4 presented by Stolper et al. (2014a) and Stolper et al. (2015), 901 
respectively. Measurements performed at the Massachusetts Institute of Technology 902 
(MIT) by Wang et al. (2015) (unfilled symbols in Figure 9) were reported as ∆13CH3D, as 903 
these measurements were made using a spectroscopic method that only measures the 904 
abundance of 13CH3D (Ono et al., 2014). 12CH2D2 is assumed to have a minor influence 905 
on ∆18 values in most natural samples (Stolper et al., 2014b), and our analysis treats 906 
deviations from equilibrium ∆13CH3D and ∆18 values as comparable at the scale of 907 
variability depicted here. ∆∆13CH3D values were calculated as in equation 10, but 908 
substituting 13CH3DR/13CH3DR* for 18R/18R*.  Equilibrium values for 13CH3DR/13CH3DR*were 909 
derived from the calculations of Webb and Miller (2014). Water δD data for culture 910 
samples were not presented in Wang et al. (2015), so we assumed a value of -50‰ as an 911 
estimate for laboratory water at MIT (Bowen et al., 2007).  912 
Several key patterns emerge from this compilation. First, all marine samples 913 
cluster near the defined equilibrium values, while all other sample categories show 914 
variability in ∆18 and 2αH2O-CH4, with values that deviate substantially from equilibrium 915 
(Figure 8). This difference has been noted previously (Stolper et al., 2015; Wang et al., 916 
2015), and may be related to either slower rates of methanogenesis in marine 917 
environments, or to anaerobic oxidation reactions causing the isotopic equilibration of 918 
methane, as suggested for the equilibration of δ13C values (Yoshinaga et al., 2014; 919 
Stolper et al., 2015).  920 
Second, the methylotrophic methanogen culture analyzed in this study is clearly 921 
distinct from previous hydrogenotrophic methanogen cultures, in that it exhibits much 922 
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lower ∆2αH2O-CH4 values relative to its departure from equilibrium ∆18. This difference 923 
could be related to different sources of hydrogen, since fermentative methanogenesis is 924 
thought to derive ~75-50% of its hydrogen atoms from methyl groups of substrate 925 
molecules (Pine and Barker, 1956; Schoell, 1980; Sugimoto and Wada, 1995; de Graaf et 926 
al., 1996; Waldron et al., 1999; Chanton et al., 2006), whereas hydrogenotrophic methane 927 
derives its hydrogen atoms either from water or from H2 that is assumed to be in isotopic 928 
equilibrium with water (Daniels et al., 1980; Schoell, 1980; Balabane et al., 1987; 929 
Sugimoto and Wada, 1995; Valentine et al., 2004).  930 
If we assume that 50% of the hydrogen in the fermentative culture methane is 931 
derived from the substrate methanol, and that there is no isotopic fractionation between 932 
methanol and methane, by mass balance the 2αCH4-H2O value for the remaining two 933 
methane hydrogen atoms is 2.01. Plotting this value in Figures 8 (with a gray triangle) 934 
brings the methylotrophic culture much closer to the data from the hydrogenotrophic 935 
methanogen experiments. Assuming that 75% of the hydrogen atoms are from the 936 
substrate methanol results in a much larger 2αCH4-H2O value of 13.5 (not plotted because it 937 
does not fit on the scale of Figure 8). This calculation depends on the assumption that 938 
there is no hydrogen isotope fractionation between methyl group substrates and methane. 939 
We are aware of one isotopic labeling study that suggests minimal hydrogen isotope 940 
fractionation between acetate and methane during fermentative methanogenesis (Pine and 941 
Barker, 1956). We note however, that differences between the aceticlastic and 942 
methylotrophic pathways could lead to larger hydrogen isotope fractionations in methyl 943 
hydrogen from methanol. While not well constrained, this calculation suggests that it is 944 
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possible that the differences in ∆2αH2O-CH4–∆∆18 space between the hydrogenotrophic and 945 
methylotrophic methanogen cultures could be a result of their differing hydrogen sources.  946 
Alternatively, kinetic isotope effects for both 2αH2O-CH4 and ∆18 could differ 947 
between different pathways of methanogenesis. Such differences could be caused by 948 
differences in kinetic isotope effects associated with the enzymes used by different 949 
methanogenesis pathways, and may be especially important with respect to the distinctive 950 
metabolism of the genus Methanosarcina (Smith and Ingram-Smith, 2007). Furthermore, 951 
relatively lower ∆18 values in fermentative methane could be caused by an inherited 952 
kinetic clumped isotope signature in the methyl group of the substrate molecule (i.e. 953 
acetate or methanol) (Wang et al., 2015).  Whatever its cause, the difference in 954 
trajectories followed in a plot of ∆2αCH4-H2O vs. ∆∆18 potentially provides a means of 955 
distinguishing fermentative and hydrogenotrophic methane.  956 
Third, the hydrogenotrophic culture samples are also clearly distinct from 957 
freshwater methane samples (Figure 8). This suggests that non-equilibrium isotope 958 
fractionation in freshwater methanogenesis follows a trajectory in ∆2αCH4-H2O–∆∆18 space 959 
that is distinct from that of the studied hydrogenotrophic methanogen cultures. 960 
Comparison with the methylotrophic culture suggests that the trajectory in freshwater 961 
methane may be related, at least in part, to fermentative methanogenesis, which is 962 
inferred to be dominant in many freshwater ecosystems (Whiticar et al., 1986; Whiticar, 963 
1999). As discussed above, this trajectory may be in part controlled by differences in the 964 
hydrogen source between hydrogenotrophic and fermentative methanogens.  965 
Fourth, a model of kinetic isotope effects in methanogenesis, described in detail in 966 
Stolper et al (2015), fits some of these data (Figure 9B), and predicts the general trend 967 
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observed. There are, however, also clear deviations from the model prediction. For 968 
example, some hydrogenotrophic culture samples exhibit higher ∆∆18 values and lower 969 
∆2αCH4-H2O values than the model prediction. In contrast, some freshwater and 970 
serpentinization samples, as well as the fermentative culture sample, exhibit lower ∆∆18 971 
values and higher ∆2αCH4-H2O values than the model prediction. These discrepancies are 972 
almost certainly related to the simplicity of the model, which assumes a single kinetic 973 
isotope effect in methanogenesis during hydrogenation of a methyl group to generate 974 
methane by methyl-coenzyme M reductase. Increased model complexity, through the 975 
addition of kinetic isotope effects at other reaction steps, could potentially accommodate 976 
this complexity, but is beyond the scope of this paper. Additionally, differences in the 977 
fractional contribution of hydrogen atoms from water, differential kinetic isotope effects 978 
of enzymes in different pathways of methanogenesis, or inherited non-equilibrium 979 
clumped isotope values from methyl substrates could influence the expression of ∆18 and 980 
2αH2O-CH4 values in fermentative microbial methane and contribute to deviations from the 981 
model prediction. 982 
 
983 
4.6 Implications for natural Arctic methane emissions 984 
 Understanding the future responses of methane emissions in the Arctic is an 985 
important component of predicting carbon cycle feedbacks to anthropogenic greenhouse 986 
warming (Schuur et al., 2008; O'Connor et al., 2010; Koven et al., 2011). The data 987 
presented in this study demonstrate that clumped-isotope analyses can help to distinguish 988 
microbial and thermogenic methane, can differentiate between different sources of 989 
microbial methane (i.e. deep vs. shallow methanogens), can identify mixtures of methane 990 
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with different origins, and can provide new insights into the properties of those mixtures. 991 
Temporal monitoring of ∆18 values, in tandem with other isotopic measurements, could 992 
prove especially valuable in understanding how the relative flux of different methane 993 
sources vary with changing environmental conditions. 994 
The clumped-isotope data presented in this study confirms the presence of diverse 995 
sources of methane in lakes from three regions of Alaska. On the North Slope, 996 
thermogenic methane, coal-bed microbial methane, and lake sediment microbial methane 997 
are emitted from seeps within 100 km of one another. In Southeastern Alaska, the studied 998 
seeps emit variable mixtures of methane from high- and low-temperature formation 999 
environments. Our results are consistent with the finding of Walter Anthony et al. (2012) 1000 
that some ebullitive seeps in Alaskan lakes emit methane from deep subsurface reservoirs 1001 
of either thermogenic or microbial origin. Comparing ∆18 results with methane flux 1002 
estimates makes clear that some seeps associated with deep subsurface reservoirs emit 1003 
methane at significantly higher flux than the bubble fluxes of microbial methane 1004 
produced in lake sediments (Figure 9). While this does not constrain the relative fluxes of 1005 
these different methane sources to the atmosphere, it does highlight that deep subsurface 1006 
methane reservoirs can contribute to large point sources of natural methane emissions. 1007 
The ∆18 of methane samples from the Beaufort Shelf and Slope are consistent with 1008 
formation in low temperature shallow environments, and imply that high temperature 1009 
methane reservoirs need not be invoked to explain high-flux methane point sources in the 1010 
Arctic Ocean. 1011 
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 1012 
Figure 9 Scatter plot of log CH4 flux vs. ∆18 for (A) Alaskan lacustrine seep samples and (B) Stordalen 1013 
lake samples. The Alaskan samples were collected at localized methane seeps and their fluxes are 1014 
calculated on a per trap basis. The Stordalen samples were not collected at specific sites of methane 1015 
seepage, and their flux is normalized to the area of the trap. A positive linear regression fit for microbial 1016 
methane samples from Alaska (excluding samples where mixing or diffusion effects have likely altered 1017 
primary ∆18 values) is shown in (A). 1018 
 1019 
Arguably the most important methane-related feedbacks to global warming will 1020 
be associated with microbial methane emissions from wetlands, lakes, and other surficial 1021 
aquatic environments (O'Connor et al., 2010; Fisher et al., 2011). Our understanding of 1022 
non-equilibrium ∆18 signatures in microbial methane is currently incomplete, but the 1023 
available data are consistent with the hypothesis that the reversibility of methanogenesis 1024 
influences ∆18 values. In the Fairbanks, North Slope and Stordalen Mire lakes the large 1025 
variability in ∆18 values suggest a wide range of kinetic isotope effects associated with 1026 
methanogenesis (Figure 7), as well as possible isotope effects related to methane 1027 
diffusion or oxidation leading to high ∆18 values at Killarney Lake. Future studies of pure 1028 
cultures and natural methane samples will further illuminate the controls on non-1029 
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equilibrium ∆18 values, and this measurement could become a useful indicator of 1030 
methanogenesis biochemistry and its response to environmental change. 1031 
In seeps emitting microbial methane from Alaska, excluding samples from 1032 
Southeast Alaska and Killarney Lake where mixing or diffusion probably cause elevated 1033 
∆18 values, we observe a positive correlation between methane flux and ∆18 (Figure 9A). 1034 
We suggest that within this sample set, larger kinetic isotope effects during microbial 1035 
methanogenesis, which cause lower non-equilibrium ∆18 values, are associated with 1036 
lower fluxes. One possible explanation for this association relates to differences in the 1037 
source and transport mechanism for different categories of methane seeps. Walter et al. 1038 
(2008) hypothesized that larger ‘hot-spot’ seeps in thermokarst lakes that exhibited older 1039 
14C ages represented conduits that integrated methane production across a relatively large 1040 
volume of deep, Pleistocene-aged sediments. In contrast, smaller seeps with younger 14C 1041 
ages emitted methane produced in a relatively small volume of shallow sediments.  1042 
The ∆18 data suggests that methane being emitted from high-flux seeps is 1043 
produced with reduced kinetic isotope effects, possibly indicating slower rates of growth 1044 
in deeper environments with limited substrate availability. This pattern is also consistent 1045 
with the observation of higher ∆18 values in methane with older 14C ages (Figure 7F). If 1046 
this is the case, it would imply that the high fluxes of methane from these ‘hot-spot’ seeps 1047 
is primarily controlled by the large source volume of methane producing sediments, 1048 
despite relatively slow kinetics of methanogenesis. We do not observe a correlation 1049 
between flux and ∆18 in microbial methane from the Stordalen lake samples. This 1050 
suggests that in these glacial lakes in discontinuous permafrost, where there are not 1051 
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clearly defined methane seeps, there is no apparent relationship between methane flux 1052 
and the kinetics of methanogenesis.  1053 
    1054 
5. Conclusions 1055 
 We have presented a survey of the clumped isotope composition of methane 1056 
emissions from Arctic environments, alongside measurements of δD, δ13C, and ∆14C. Our 1057 
analysis of methane from lake ebullition seeps in Alaska indicates a diverse set of origins, 1058 
including thermogenic methane, mixed microbial and thermogenic methane, microbial 1059 
methane formed in isotopic equilibrium in marine and coal-bed environments, and 1060 
microbial methane produced in lake sediments exhibiting non-equilibrium clumped 1061 
isotope effects. Our results confirm that some lacustrine seeps emit methane formed in 1062 
deep subsurface environments at temperatures ranging from 9±14 to 102±23 °C. ∆18 1063 
values from seeps on the Beaufort Shelf indicate low formation temperatures consistent 1064 
with methane formation in sediments or sub-permafrost environments. While ∆18 values 1065 
of coal-bed and marine microbial methane indicate plausible equilibrium formation 1066 
temperatures, microbial methane produced in lake sediments in Alaska and Sweden are 1067 
characterized by low ∆18 values indicating non-equilibrium isotope effects. Mixing 1068 
between thermogenic and microbial methane produces a distinctive non-linear trajectory 1069 
in ∆18 values that can be used to help characterize the mixing end-members. 1070 
Comparison of ∆18 and 2αH2O-CH4 data from microbial methane produced in lake 1071 
sediments supports the hypothesis that non-equilibrium ∆18 values are controlled, at least 1072 
in part, by kinetic isotope effects related to the reversibility of methanogenesis. Both 1073 
methane analyses from these lakes and a pure culture of a methylotrophic methanogen, 1074 
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however, follow a trajectory in 2αH2O-CH4–∆18 space that differs from that for cultures of 1075 
hydrogenotrophic methanogens, which could either reflect differential effects of 1076 
methanogenesis pathway on ∆18 values, or differences in apparent hydrogen isotope 1077 
fractionation related to the source of methane hydrogen. We observe a wide range of non-1078 
equilibrium ∆18 values in ebullitive methane fluxes, spanning a range of about 5‰, 1079 
implying that kinetic isotope effects during methanogenesis are highly variable in 1080 
lacustrine environments.  1081 
 1082 
Appendix 1: Interlaborotory Comparison of Methane δD and δ13C Data:  1083 
Aliquots of the methane samples from the Alaskan lakes and Beaufort Sea were 1084 
previously analyzed for δD and δ13C using a gas chromatography-isotope ratio mass 1085 
spectrometry method at either Florida State University, the University of Alaska, or 1086 
Isotech Laboratories (Paull et al., 2011; Brosius et al., 2012; Walter Anthony et al., 2012; 1087 
Paull et al., 2015). The δD and δ13C values measured using the Ultra are typically 1088 
depleted in δD and δ13C relative to the previous measurements, with an average deviation 1089 
of -2±8‰ for δD and -1.1±0.5‰ for δ13C (Figure A1). We ascribe this difference to 1090 
interlaboratory measurement artifacts. The Ultra measurements are anchored to off-line 1091 
combustion and water reduction techniques, coupled with dual inlet mass spectrometry, 1092 
performed in the laboratories of A. Schimmelman at Indiana University (Stolper et al., 1093 
2014a). The techniques used in most conventional stable isotope laboratories have other 1094 
bases for standardization, and the methane isotope community as a whole is currently 1095 
organizing a broader interlaboratory approach to standardization. Thus, we do not believe 1096 
we can currently resolve these discrepancies in our study, but they should be resolvable 1097 
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in the near future. In any event, these differences do not affect the interpretation of the 1098 
results presented here. As all of our measurements are internally referenced to the same 1099 
standard, issues of inaccuracy in δD or δ13C of a few per mil make no difference to the 1100 
∆18 measurements beyond the stated error of the measurement. The lower δD and δ13C 1101 
values measured by the Ultra are not consistent with gas-phase diffusion-related 1102 
fractionation caused by leakage of gas during storage, which would lead to both the δD 1103 
and δ13C values of residual methane being higher by the same amount (Criss, 1999). 1104 
Additionally, oxidation during storage should have led to increases in δD and δ13C as 1105 
well, although by different amounts (Whiticar, 1999). 1106 
 1107 
Figure A1 Comparison of δ13C (A) and δD (B) values for samples in this study measured on the Ultra and 1108 
in external laboratories. The solid black line indicates a 1:1 relationship, and the dashed line indicates the 1109 
linear regression fit for the data. One outlier sample (Goldstream 40A) is indicated by a filled symbol, and 1110 
is not included in the linear regression fit. 1111 
 1112 
For one sample (Goldstream 40A) we observe much larger deviations between the 1113 
previously measured isotope values (difference of -64‰ in δD and -7.3‰ in δ13C). While 1114 
we are uncertain of the cause of this discrepancy, we proceed with an interpretation of 1115 
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this sample based on the stable isotope measurements made using the Ultra (with the 1116 
simple reasoning that at least we know these values apply directly to the aliquot of gas for 1117 
which ∆18 was measured). 1118 
 1119 
Appendix 2: Standardization and Error Estimates for Clumped Isotope 1120 
Measurements 1121 
In each session we measured methane with different isotopic compositions 1122 
equilibrated on a nickel catalyst at 500 °C to determine whether ∆18 values were 1123 
dependent on average molecular methane isotopic composition. These methane samples 1124 
ranged from -78 to -340‰ in δD, from -34 to -42‰ in δ13C, and from 121 to -198‰ in 1125 
δ18. δ18 is defined as: 1126 
δ18 = (18Rsample / 18Rstandard −1)
       (A1) 1127 
and is expressed in per mil (‰) notation.  The standard for δ18 values is the laboratory 1128 
internal methane standard, which has a defined value of 0‰ (See Section 2.5). In 1129 
previous studies, it was demonstrated that there was not a significant dependence of ∆18 1130 
values on the bulk isotopic composition of the gases (Stolper et al. 2014a, b; Stolper et 1131 
al., 2015). However, in some of the measurement periods for this study a linear 1132 
dependence of ∆18 on the bulk composition of the sample (indicated by δ18 values) was 1133 
apparent (Figure A2). In particular in the final measurement period, in which a total of 10 1134 
heated gas measurements were made, the linear dependence of ∆18 on δ18 was consistent 1135 
throughout the session (Figure A2A). In this session we also tested the observed 1136 
dependence by measuring gases heated at 200 °C, in which we observed a linear 1137 
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relationship between ∆18 on δ18 with the same slope as the relationship for the gases 1138 
heated at 500 °C (Figure A2A).  1139 
This effect appears to be similar to the dependence of ∆47 to bulk isotopic 1140 
composition in CO2 clumped isotope studies (Huntington et al., 2009; Dennis et al., 1141 
2011). We do not know the origin of this effect, but hypothesize it is related to 1142 
background effects that were not present in previous studies or ion scrambling that has 1143 
changed from the previous sessions. Based on this observed dependence of ∆18 on δ18 we 1144 
applied a heated gas correction, similar to that applied in analyses of mass 47 CO2 1145 
(Dennis et al., 2011), using the equation: 1146 
∆18HG = ∆18M − (δ18 × m + b)       (A2) 1147 
where ∆18HG is the corrected value, ∆18M is the raw measured value, and m and b are slope 1148 
and intercept parameters defined for each measurement period by the relationship 1149 
between ∆18M and δ18 for heated gases (Figure A2). Our basis for a constant set of 1150 
parameters for a given measurement period is that the values for m and b remained 1151 
constant over the course of the most recent, 14 week measurement period where the slope 1152 
was most prominently observed (Figure A2A). For the sake of internal consistency, and 1153 
because doing so improved the reproducibility of samples analyzed in multiple 1154 
measurement periods, we corrected all other measurement periods in this study following 1155 
this protocol (Figure A2B). We note, however, that the evidence for this dependence is 1156 
not as strong in some of these measurement periods (Figure A2B). For example, in one 1157 
measurement period (April 2014) we did not measure heated gas depleted in δ18 (δ18 < -1158 
20‰ relative to the internal reference standard). The heated gas correction is therefore 1159 
less certain for this session for methane with δ18 values below -20‰. Subsequent 1160 
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replicate analyses of two samples measured in this measurement period (Goldstream 1161 
Hotspot; Killarney Lake) indicate a 2SE uncertainty of 0.7‰. This uncertainty is larger 1162 
than that of other replicate measurements, but does not affect the interpretation of these 1163 
samples.  1164 
 1165 
 1166 
Figure A2 Plots of δ18 vs. ∆18 for heated methane standards, indicating the relationship between these 1167 
values for (A) the measurement period from April to August 2015 when the dependence of ∆18 on δ18 was 1168 
most clearly documented; and (B) for earlier measurement periods. In (A) results for methane heated to 1169 
both 500 and 200 °C are shown. ∆18 values equivalent to methane equilibration at 500 and 200 °C are 1170 
shown on the right side of the plots. The average difference recovered for the 500°C and 200°C heated 1171 
gases (1.59‰) is within 1 σ of the predicted difference based on the calibration given in Stolper et al., 1172 
(2014a) (-1.78‰). 1173 
 1174 
To ensure accuracy and precision of our measurements, especially in the context 1175 
of the newly applied correction, the external precision of measurements was monitored 1176 
by analyzing a standard differing in δD (+56‰), δ13C (+33‰), and δ18 (+92‰) relative 1177 
to the laboratory internal standard. External precision for ∆18 across all measurements 1178 
was ±0.38‰ (1 standard deviation, σ; n = 16), and is offset in ∆18 by -0.06‰ from the 1179 
long-term average of the standard over 2.5 years of measurements (1.6‰). The standard 1180 
deviation for measurements of this external standard was larger than previously observed 1181 
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in studies from this instrument (±0.19‰ in Stolper et al., 2014b; ± 0.23‰ in Stolper et al. 1182 
(2015), for unknown reasons. For this reason we applied conservative, 2 SE uncertainties 1183 
to our ∆18 values. 1184 
In two sessions we observed drift in the standard used to normalize data from a 1185 
measurement session to a unified δD and ∆18 reference frame (Stolper et al., 2014b). We 1186 
corrected for this drift by measuring the standard used for the correction multiple times 1187 
over the course of these sessions and assumed the values required for sample correction 1188 
changed linearly with time between observations of the standard. The quality of the 1189 
correction was checked through multiple measurements of a secondary standard in all 1190 
sessions and re-analysis of at least some samples in other sessions. For both sessions, 1191 
average ∆18 values of the secondary standard were within 2 standard errors (2 SE) of its 1192 
long-term average (∆18 = 1.6): 1.54 ± 0.48 (n = 4) and 1.46 ± 0.18 (n = 11). 1193 
Ten of the samples analyzed for this study were analyzed as replicates, in some 1194 
cases in multiple measurement periods. The 2 SE standard error in ∆18 for these replicate 1195 
analyses (n =2 for all replicates) ranged between 0.03 to 0.80‰. The pooled standard 1196 
deviation for replicate analyses (defined as the 1σ standard deviation of the residual of 1197 
individual measurements from the sample mean) is 0.21‰.  1198 
 1199 
Appendix 3: Details of Isotopic Mixing Model: 1200 
The mixing model presented in this study calculates the trends in plots of δ13C vs. 1201 
∆18 and δD vs. ∆18 created by fractional mixing of specified end member isotopic 1202 
compositions. We performed these mixing model calculations using isotope ratios as the 1203 
primary measure of composition (i.e., as opposed to δ or ∆ values, which are less suitable 1204 
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as proxies for concentration in such models). Test calculations based on fractional 1205 
isotopic abundance (a more accurate but laborious approach) were within error of the 1206 
calculations performed with isotope ratios. The governing equations in our mixing model 1207 
include, in addition to equations 3, 4 and 5 above: 1208 
13Rm = ft × 13Rt( )+ 1− ft( )× 13Rb( )        (A3) 1209 
2Rm = ft × 2Rt( )+ 1− ft( )× 2Rb( )        (A4) 1210 
18Rm = ft × 18Rt( )+ 1− ft( )× 18Rb( )        (A5) 1211 
where Rf, Rt, and Rm represent the isotope ratios of a given fractional mixture (m), or of the 1212 
thermogenic (t) or biogenic (i.e. microbial; b) end-members, respectively, while 1213 
superscript numbers denote the applicable isotopes. ft is the fraction of thermogenic gas 1214 
in a given mixture. While these terms imply a high-temperature thermogenic end-1215 
member, we note that a high-temperature microbial end-member is also possible.  1216 
 The ∆18 mixing model assumes linear, conservative mixing of δ13C, and δD 1217 
values between only two end-members (Figure 7A). The assumption of only two end-1218 
members requires that end-member δD and δ13C values fall along a mixing line defined 1219 
by the sample δD and δ13C values (Figure 7A). This means that, for a given end-member 1220 
δ13C value, the end-member δD value is directly constrained by the δD-δ13C mixing line. 1221 
The thermogenic end-member δD and δ13C values predicted by the ∆14C-δ13C (Figure 1222 
7C) and ∆14C-δD (not shown) mixing lines plots on the δD-δ13C mixing line for Lake 1223 
Eyak samples (Figure 7A), which validates our approach. Note that there are different 1224 
δD-δ13C mixing lines depending on the inclusion of the PWS sample (Figure 7A). 1225 
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Using a Monte-Carlo approach, we randomly sampled 100,000 sets of δ13C and 1226 
∆18 values, with a uniform distribution, for the thermogenic and microbial end-members, 1227 
from a wide range of possible values (Figure 7B). As discussed above, end-member δD 1228 
values were directly constrained by end-member δ13C values and were not specified.  For 1229 
the microbial end-member, ∆18 values were allowed to range from 8.4 (defined by sample 1230 
Eyak-3) to -0.5‰ (the lowest value observed in a natural methane sample in this study; 1231 
Table 2). Microbial end-member δ13C values were allowed to range from -74 (defined by 1232 
sample Eyak-3) to -120‰ (based on the empirical range of microbial methane δ13C; 1233 
Whiticar et al. 1986). Thermogenic end-member ∆18 values were allowed to range from 1234 
6.2 ‰ (defined by sample Eyak-1) to 1.5‰ (an upper temperature limit of 300° C; 1235 
Quigley and Mackenzie, 1988; Clayton, 1991). Thermogenic end-member δ13C values 1236 
were allowed to range from -20‰ (an empirical upper limit for thermogenic methane; 1237 
Whiticar et al., 1986) and -47‰ (defined by sample Eyak-1). We then calculated the 1238 
resulting mixing lines in δ13C-∆18 and δD-∆18 space for each set of end-member 1239 
compositions. A set of end-member values was determined to be acceptable if its mixing 1240 
line passed within the 2 SE error of the δ13C-∆18 and δD-∆18 compositions of each of the 1241 
sample measurements (Table 2). The acceptable sets of end-member values define δ13C-1242 
∆18 (Figure 8B) and δD-∆18 (not shown) mixing lines.  1243 
 1244 
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Table 1: Sample location, [C1]/[C2], CH4 flux, and CO2 and H2O isotope data 1275 
 1276 
Sample Region 
Latitude 
(º N) 
Longitude 
(º E) 
[C1]/ 
[C2]a 
CH4 
fluxb 1σ 
δ13C 
CO2 
(‰, 
VPDB) 
Estimated 
H2O δD 
(‰, 
VSMOW)  1σ 
Cake Eater North Slope 71.28 -156.64 nd 0.017c  -23.39 -135h 16 
Sukok North Slope 71.07 -156.82 655 39.48c  -27.35 n/a  
Lake Q North Slope 70.38 -157.35 nd 93400d  -37.76 n/a  
Killarney Fairbanks 64.87 -147.90 na 2.5e 1.81 -19.82 n/a  
Goldstream-
Hotspot 
Fairbanks 64.92 -147.85 na 6.5e 4.7 -19.22 -210i 30 
Goldstream-
Tiny 
Fairbanks 64.92 -147.85 nd 0.116e  -17.28 -186j 30 
Goldstream-A Fairbanks 64.92 -147.85 na 0.005e 0.005 -24.12 -156k 30 
Doughnut Fairbanks 64.90 -147.91 145 25.9f 21.28 -4.07 -210i 30 
Smith-Hotspot Fairbanks 64.87 -147.87 nd 6.7e 4.87 -11.03 -156k 30 
Eyak-1 SE Alaska 60.56 -145.67 35700 0.50c  -8.97 n/a  
Eyak-2 SE Alaska 60.56 -145.67 224000 1.3c  -12.9 n/a  
Eyak-3 SE Alaska 60.56 -145.67 137500 0.51c  -10.39 n/a  
Prince William 
Sound 
SE Alaska 60.59 -145.70 na nd  n/a n/a  
Katalla SE Alaska 60.18 -144.44 nd 66.2c  -37.86 n/a  
ROV 38 m Beaufort 70.48 -136.48 11800 nd  n/a -15l 14 
Core 400 m Beaufort 70.48 -136.48 2310 nd  n/a -40m 4 
ROV 420 m Beaufort 70.79 -135.57 5930 nd  n/a -40m 4 
Inre Harrsjön 
Trap 10 
Stordalen 68.36 19.05 na 5.14c  n/a -94n 2 
Inre Harrsjön 
Trap 4 
Stordalen 68.36 19.05 na 4.46c  n/a -94n 2 
Inre Harrsjön 
Trap 6 
Stordalen 68.36 19.05 na 9.16c  n/a -94n 2 
Mellersta 
Harrsjön Trap 
21 
Stordalen 68.36 19.04 na 1.54g  n/a -94n 2 
Mellersta 
Harrsjön Trap 
19 
Stordalen 68.36 19.04 na 8.34c  n/a -94n 2 
Mellersta 
Harrsjön Trap 
24 
Stordalen 68.36 19.04 na 183.54c  n/a -94n 2 
Villasjön Trap 
34 
Stordalen 68.35 19.05 na 29.8c  n/a -70o 1 
Villasjön Trap 
31,34,35 
Stordalen 68.35 19.05 na 3.77c  n/a -70o 1 
Villasjön Trap 
31 
Stordalen 68.35 19.05 na 41.41c  n/a -70o 1 
and: ethane not detected; na: ethane concentration not analyzed. 1277 
bFlux estimates for Alaskan samples are in units of L trap-1 day-1; for the Stordalen samples they are in units of L m-2 day-1. 1278 
c Flux estimate specific to gas analyzed. 1279 
d Flux measured from the same seep on a different day than gas sampling. 1280 
e Based on average gas flux for seep class (Hotspot, Tiny, and A-type; (Walter Anthony and Anthony, 2013; Lindgren et 1281 
al., 2016).  1282 
f Average flux measured between August and October 2011.  1283 
gTrap specific average flux over six years of measurements. 1284 
hEstimate based on texture ice δD value in the vicinity of the lake (Meyer et al., 2010). Texture ice is inferred as a likely 1285 
source of methane formation water given Holocene 14C age of texture-ice organics and the methane sample (Table 2). 1286 
iEstimate based on Pleistocene ice wedge δD values (Brosius et al., 2012). Pleistocene ice wedges are inferred as a likely 1287 
source of methane formation water given the Pleistocene age of this methane sample (Table 2). 1288 
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jEstimate is an average of Pleistocene ice wedge and Holocene ground ice δD values (Brosius et al., 2012). The location 1289 
of these seeps suggests that pore waters include input of thawed ice from both sources. 1290 
kEstimate based on Holocene ground ice δD values (Brosius et al., 2012). Holocene ice wedges are inferred as a likely 1291 
source of methane formation water given the Holocene age of these methane samples (Table 2).  1292 
lEstimate based on average δD of pore water samples in the vicinity of methane sampled from vents and sediments (Paull 1293 
et al., 2011) 1294 
mEstimate based on average δD of pore water samples in the vicinity of the sampled gas vent (Paull et al., 2015). 1295 
nEstimate based on average δD of water samples from Mellersta Harrsjön (n = 10). 1296 
oEstimate based on average δD of water samples from Villasjön (n = 15). 1297 
 1298 
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Table 2: Methane Isotope Data 1351 
Sample n 
δD (‰, 
VSMOW) 2 SE 
δ13C (‰, 
VPDB) 2 SE 
∆18 
(‰)a
 
2 SE 
Inferred 
Temperature 
(° C)b 
2 
SEc 
∆14C 
(‰) 
Cake Eater 2 -371.4 0.22 -64.00 0.01 -0.4 0.45 n/a 
 
-394.3 
Sukok 1 -193.1 0.20 -46.31 0.01 4.1 0.46 102 23 -997.6 
Lake Q 1 -238.3 0.24 -59.31 0.01 6.8 0.50 9 14 -1000 
Killarney 2 -312.5 0.66 -88.76 0.01 9.6 0.66 -61 15 -907.7 
Goldstream-
Hotspot 2 -383.1 0.26 -77.59 0.26 2.0 0.70 268 91 -971.2 
Goldstream-
Tiny 1 -369.3 0.24 -64.34 0.01 1.1 0.44 412 130 nd 
Goldstream-A 1 -332.8 0.24 -61.89 0.01 0.2 0.46 905 n/a -314.9 
Doughnut 1 -302.4 0.24 -55.50 0.01 6.0 0.48 29 16 -984.1 
Smith-Hotspot 1 -362.2 0.24 -62.73 0.01 0.7 0.50 549 246 -265.3 
Eyak-1 2 -172.4 0.34 -46.81 0.08 6.2 0.48 24 14 -851.0 
Eyak-2 2 -203.5 0.26 -60.74 0.02 9.1 0.80 -47 19 nd 
Eyak-3 2 -242.6 0.24 -73.83 0.01 8.4 0.50 -31 12 -384.4 
Prince William 
Sound 2 -151.0 0.24 -34.34 0.08 4.8 0.50 73 20 nd 
Katalla 1 -171.0 0.22 -40.80 0.01 6.1 0.48 27 15 -987.1 
ROV 38 m 2 -228.6 1.30 -83.02 0.04 6.9 0.43 5 11 -997.0 
Core 400 m 1 -212.1 0.24 -65.32 0.01 7.1 0.44 0 11 nd 
ROV 420 m 2 -210.3 0.24 -65.21 0.12 6.9 0.46 5 12 -995.0 
Inre Harrsjön 
Trap 10 1 -310.3 0.22 -68.04 0.01 2.8 0.43 187 35 nd 
Inre Harrsjön 
Trap 4 1 -285.9 0.23 -77.61 0.01 5.4 0.49 50 17 nd 
Inre Harrsjön 
Trap 6 1 -311.6 0.25 -68.28 0.01 1.9 0.49 271 65 nd 
Mellersta 
Harrsjön Trap 
21 1 -288.1 0.21 -71.03 0.01 4.4 0.44 90 20 nd 
Mellersta 
Harrsjön Trap 
19 1 -282.2 0.23 -68.01 0.01 4.6 0.45 79 19 nd 
Mellersta 
Harrsjön Trap 
24 1 -293.1 0.25 -68.01 0.01 5.0 0.48 64 18 nd 
Villasjön  
Trap 34 1 -300.7 0.21 -65.49 0.01 3.7 0.50 126 28 nd 
Villasjön  
Trap 31,34,35 1 -314.9 0.23 -66.60 0.01 2.5 0.45 215 44 nd 
Villasjön  
Trap 31 1 -312.7 0.25 -62.32 0.01 1.8 0.47 291 69 nd 
Methanosarcina 
acetivoransb 2 -346.7 0.28 -30.23 0.16 -5.4 0.46 n/a 
 
nd 
aValues relative to stochastic distribution of isotopologues. 
bItalics denote temperatures inferred to be implausible for methane formation for a given sample, which reflect mixing or 
non-equilibrium isotope effects. 
cErrors for inferred temperatures are average of upper and lower temperature estimates since ∆18-T relationship is not 
linear. 
c Grown at 28 °C. 
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Figure Captions 1356 
Figure 1: Hypothetical examples of non-linear mixing effects for ∆18 values. Plots show 1357 
mixing relationships in δ13C-∆18 space (A) and δD-∆18 space (B) for mixtures of methane 1358 
with varying end-member compositions. In these examples the end-member ∆18 values 1359 
remain fixed at 3 and 6 ‰, but the δ13C and δD values of the isotopically light end-1360 
member varies. End-member δ13C and δD values are denoted on the plots. For mixtures 1361 
where δ13C and δD values are relatively similar, mixing in ∆18 is approximately linear 1362 
(solid line); as the δ13C and δD values of the mixing end-members become increasingly 1363 
widely spaced the non-linearity of mixing in ∆18 becomes more pronounced (dashed 1364 
lines). 1365 
 1366 
Figure 2 Map of the Arctic showing the location of the studied methane samples (the 1367 
base map is an open access file from Wikimedia). 1368 
 1369 
Figure 3 Methane δD and δ13C values overlaid on empirical methane source fields 1370 
derived from (Whiticar et al., 1986).  1371 
 1372 
Figure 4 Scatter plots of methane ∆18 versus δD (A) and δ13C (B). All error bars are 2 SE 1373 
as described in Section 2.5. Error bars for δD and δ13C are smaller than the symbols. Two 1374 
groups of data described in Section 3.2 are circled. 1375 
 1376 
 1377 
 1378 
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 1379 
Figure 5 Scatter plots of ∆18-derived temperature versus (A) δ13C and (B) δD for 1380 
methane samples with inferred equilibrium or mixing-influenced ∆18 values. Specific 1381 
samples referred to in the text are indicated. The solid gray line indicates the modeled 1382 
non-linear mixing line (See Section 4.4) for samples from the Eyak Lake (“e”). The 1383 
dashed line indicates a temperature of -5 °C, an assumed lower limit to methanogenesis 1384 
in Arctic environments. 1385 
 1386 
Figure 6 Scatter plots of (A) δD vs. δ13C; (B) δD vs. ∆18 ; (C) δ13C vs. ∆18; (D) 2αH2O-CH4 1387 
vs. ∆18  (E) 13αCO2-CH4 vs. ∆18; and (F) ∆14C vs. ∆18 for lacustrine microbial methane 1388 
samples displaying non-equilibrium ∆18 values. Linear regression statistics for significant 1389 
correlations for subsets of data either from Alaska or from the Stordalen Mire are shown; 1390 
in (E) the sample from Doughnut Lake (upper right side of the plot) is an outlier and is 1391 
not included in the regression model. 1392 
 1393 
Figure 7 Isotope and gas composition mixing models for methane from Eyak Lake and 1394 
Prince William Sound. (A) δ13C vs. δD; (B) δ13C vs. ∆18; (C) δ13C vs. ∆14C; (D) δ13C vs. 1395 
[C1]/[C2]. The circle in (A) and (C) indicates the inferred composition of the high-1396 
temperature Eyak Lake end-member based on δ13C-∆14C and δD-∆14C mixing lines. The 1397 
gray area in (B) indicates the high-temperature end-member ∆18 values implied by the 1398 
δ13C value (-38.1 ‰) inferred from the δ13C-∆14C mixing line (C). The dashed line in (B) 1399 
indicates the ∆18 and δ13C value implied by the model if the low-temperature end-1400 
member formed in equilibrium at -5 ° C. Equilibrium formation at higher temperatures or 1401 
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non-equilibrium kinetic isotope effects would imply lower δ13C values. The dashed line 1402 
in (C) indicates a ∆14C composition of -1000‰ (i.e. no radiocarbon). ∆14C data is not 1403 
available for the PWS sample and its δ13C value is plotted on the y-axis in (C). The 1404 
mixing curve in (D) is one of many possible curves that fits the data from samples Eyak-1 1405 
and Eyak-3, but is representative of the general shape of these curves. δ13C and [C1]/[C2] 1406 
end-members for this curve are -90‰ and 1 × 1012 for the low-temperature end-member, 1407 
and -20‰ and 25000 for the high-temperature end-member. The Katalla sample data are 1408 
plotted for reference only and are not included in the models. 1409 
 1410 
Figure 8 Compilation of microbial methane ∆18  and ∆13CH3D data, comparing the 1411 
deviation in measured ∆18 or ∆13CH3D values relative to the expected value if the methane 1412 
formed in internal isotopic equilibrium vs. the deviation in measured 2αCH4-H2O relative to 1413 
the value expected in heterogeneous phase isotopic equilibrium (for definitions of axis 1414 
parameters see equations 10 and 11). Data are from this study, Stolper et al. (2015), and 1415 
Wang et al. (2015). Data from Wang et al. (2015) (open points) were measured as 1416 
∆13CH3D. The solid line indicates values predicted by a model of the isotopic composition 1417 
of methane formed by hydrogenotrophic methanogens as a function of the reversibility of 1418 
methyl-coenzyme M reductase (Stolper et al., 2015), with reversibility decreasing away 1419 
from the origin. The gray triangle represents the 2αCH4-H2O value for the water-derived 1420 
hydrogen atoms in the methylotrophic culture sample under two assumptions: (a) 50% of 1421 
methane hydrogen atoms are derived from water; and (b) there is no D/H fractionation 1422 
between methyl group hydrogen and methane. Representative x and y error bars are 1423 
indicated in the upper left corner. 1424 
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 1425 
Figure 9 Scatter plot of log CH4 flux vs. ∆18 for (A) Alaskan lacustrine seep samples and 1426 
(B) Stordalen lake samples. The Alaskan samples were collected at localized methane 1427 
seeps and their fluxes are calculated on a per trap basis. The Stordalen samples were not 1428 
collected at specific sites of methane seepage, and their flux is normalized to the area of 1429 
the trap. A positive linear regression fit for microbial methane samples from Alaska 1430 
(excluding samples where mixing or diffusion effects have likely altered primary ∆18 1431 
values) is shown in (A). 1432 
 1433 
 1434 
Figure A1 Comparison of δ13C (A) and δD (B) values for samples in this study measured 1435 
on the Ultra and in external laboratories. The solid black line indicates a 1:1 relationship, 1436 
and the dashed line indicates the linear regression fit for the data. One outlier sample 1437 
(Goldstream 40A) is indicated by a filled symbol, and is not included in the linear 1438 
regression fit. 1439 
 1440 
Figure A2 Plots of δ18 vs. ∆18 for heated methane standards, indicating the relationship 1441 
between these values for (A) the measurement period from April to August 2015 when 1442 
the dependence of ∆18 on δ18 was most clearly documented; and (B) for earlier 1443 
measurement periods. In (A) results for methane heated to both 500 and 200 °C are 1444 
shown. ∆18 values equivalent to methane equilibration at 500 and 200 °C are shown on 1445 
the right side of the plots. The average difference recovered for the 500°C and 200°C 1446 
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heated gases (1.59‰) is within 1 σ of the predicted difference based on the calibration 1447 
given in Stolper et al., (2014a) (1.78‰). 1448 
 1449 
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